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SUMMARY
Seismological, GPS and historical data suggest that most of the 40 mm yr−1 convergence at
the Hellenic Subduction Zone is accommodated through aseismic creep, with earthquakes of
MW  7 rupturing isolated locked patches of the subduction interface. The size and location
of these locked patches are poorly constrained despite their importance for assessment of
seismic hazard. We present continuous GPS time-series covering the 2008 MW 6.9 Methoni
earthquake, the largest earthquake on the subduction interface since 1960. Post-seismic displacements from this earthquake at onshore GPS sites are comparable in magnitude with the
coseismic displacements; elastic-dislocation modelling shows that they are consistent with
afterslip on the subduction interface, suggesting that much of this part of the interface is able
to slip aseismically and is not locked and accumulating elastic strain. In the Hellenic and other
subduction zones, the relationship between earthquakes on the subduction interface and observed long-term coastal uplift is poorly understood. We use cGPS-measured coseismic offsets
and seismological body-waveform modelling to constrain centroid locations and depths for
the 2008 Methoni MW 6.9 and 2013 Crete MW 6.5 earthquakes, showing that the subduction
interface reaches the base of the seismogenic layer SW of the coast of Greece. These earthquakes caused subsidence of the coast in regions where the presence of Pliocene–Quaternary
marine terraces indicates recent uplift, so we conclude that deformation associated with the
earthquake cycle on the subduction interface is not the dominant control on vertical motions
of the coastline. It is likely that minor uplift on a short length scale (∼15 km) occurs in the
footwalls of normal faults. We suggest, however, that most of the observed Plio-Quaternary
coastal uplift in SW Greece is the result of thickening of the overriding crust of the Aegean
by reverse faulting or distributed shortening in the accretionary wedge, by underplating of
sediment of the Mediterranean seafloor, or a combination of these mechanisms.
Key words: Seismic cycle; Transient deformation; Subduction zone processes; Tectonics
and landscape evolution.

1 I N T RO D U C T I O N
The Hellenic Subduction Zone, which borders the southern Aegean
Sea between W Greece and SW Turkey (Fig. 1), accommodates
convergence between the Nubian plate to the south and the deforming Aegean Sea to the north. GPS measurements and global
plate models indicate that this convergence occurs at 40 mm yr−1
(e.g. Reilinger et al. 2006; Nocquet 2012). It is assumed that most
of the convergence takes place by slip on a subduction interface
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dipping gently N–NE towards the Aegean (e.g. Caputo et al. 1970;
McKenzie 1978; Ganas & Parsons 2009; Shaw & Jackson 2010).
Earthquakes with fault-plane solutions consistent with slip on
a subduction interface are known in this region, typically with
MW  7 and at depths up to 45 km (Taymaz et al. 1990; Benetatos
et al. 2004; Shaw & Jackson 2010, this study). However, there has
been insufficient earthquake activity over the past 2000 yr to account for the seismic moment release that would be required if all
the slip on the interface were to take place seismically (Jackson
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Figure 1. Selected GPS velocities and tectonic features in the Hellenic Subduction Zone. Coasts where uplift of Pliocene–Quaternary marine terraces has been
observed are marked in white and blue, GPS velocities relative to stable Nubia are shown by red arrows and active volcanoes are marked by white triangles.
The tsunamigenic reverse faults inferred by Shaw et al. (2008) and Howell et al. (2015) to explain uplift of Crete and Rhodes in large earthquakes are marked
by thick red lines. Terrace locations are compiled from Kelletat et al. (1976), Gauthier (1979), Angelier (1979b), Peters et al. (1985), Armijo et al. (1996),
Zelilidis et al. (1998), Stiros et al. (2000), Kontogianni et al. (2002), Gaki-Papanastassiou et al. (2009, 2011), Karymbalis et al. (2013), Gallen et al. (2014) and
our own fieldwork. GPS velocities are from the data of Nocquet (2012) and this study, rotated into a Nubia-fixed reference frame using the pole of Reilinger
et al. (2006). Volcanoes are from Siebert & Simkin (2002). Topography is SRTM15 (Becker et al. 2009; Sandwell et al. 2014).

& McKenzie 1988; Ambraseys 2009). GPS measurements also indicate absence of the elastic strain accumulation that would occur
within the overriding Aegean material if the subduction interface
was fully locked (Reilinger et al. 2006; Vernant et al. 2014). The
earthquakes of MW  7 are therefore likely to occur on relatively
small locked patches (smaller than 30 km × 30 km) on this otherwise predominantly aseismically slipping interface (e.g. Lay 2015).
A paradoxical feature of the Hellenic Subduction Zone is that at
least two great (MW ≥ 8.0) historical earthquakes took place there
(in AD 365 and AD 1303; Ambraseys 2009), which must have involved considerably larger fault dimensions than the earthquakes of
MW  7 of modern times. While insufficient to account for the necessary seismic moment release if the subduction interface were entirely seismogenic, these earthquakes pose a puzzle in that we would
not expect a single interface to be predominantly aseismic and also
to move in occasional great earthquakes (which also produce large
tsunamis; e.g. Ambraseys & Synolakis 2010; Stiros 2010).
One resolution of this puzzle is that the rare great earthquakes
occur on separate reverse faults above the subduction interface
within the overriding Aegean crust (e.g. Shaw et al. 2008; England
et al. 2015). This interpretation also explains the presence of the
Hellenic Trench System (Le Pichon et al. 1979; Huchon et al. 1982),
which comprises several steep bathymetric escarpments within

the Aegean lithosphere: the Hellenic Trench (or Matapan Trench;
Mascle & Le Quellec 1980), Pliny Trench and Strabo Trench,
which are shown in Fig. 1. These escarpments (up to 5 km in relief;
Fig. 2a) are not trenches in the plate-tectonic sense: reflection seismic (Chaumillon & Mascle 1997; Huguen et al. 2001, 2006), wideaperture seismic (Bohnhoff et al. 2001), gravity (Makris et al. 2013)
and earthquake seismological data (Taymaz et al. 1990; Benetatos
et al. 2004; Shaw & Jackson 2010) all show that the subduction interface projects to the surface at the Mediterranean Ridge (Fig. 1),
where it is covered by ≥10 km of sediment.
The presence of reverse faults within the Aegean crust that project
to the surface in the Hellenic Trench System can account for both
the presence of these bathymetric escarpments and the occurrence
of infrequent great earthquakes in a predominantly aseismic subduction zone. Slip on faults of this type is also able to fit the spatial
distribution of uplifted Holocene palæoshorelines on Crete (e.g.
Pirazzoli et al. 1982; Shaw et al. 2008) and Rhodes (Kontogianni
et al. 2002; Howell et al. 2015) better than slip on a deeper subduction interface. Shaw et al. (2008) used radiocarbon dating and
elastic-dislocation modelling to show that Holocene uplift in SW
Crete (up to 9 m) is consistent with uplift in a single earthquake on a
30◦ -dipping reverse fault that projects to the surface in the Hellenic
Trench (Fig. 1), probably the destructive AD 365 earthquake. Some

1594

A. Howell et al.

Figure 2. Overview of the seismicity of the W Hellenic Subduction Zone. (a) Mechanisms of waveform-modelled earthquakes on the subduction interface
between the Aegean and Nubia (red) and in the downgoing Nubian plate (blue). Strike-slip earthquakes in the Kefalonia Transform Zone (KTZ) are marked in
pink. ‘Methoni 1997’ and ‘Crete 2013’ show some earthquakes discussed in the text. (b) Depths (in km) corresponding to the earthquakes on the subduction
interface and in the downgoing plate in (a), with the circles coloured according to their classification in (a). Earthquake locations from the EHB catalogue
(Engdahl et al. 1998; International Seismological Centre 2016) are marked by coloured circles according to depth, while earthquakes located by Hatzfeld
et al. (1989) and Hatzfeld (1994) are marked by triangles. Red lines show approximate contours of the top of the subduction interface. (c) Mechanisms of
waveform-modelled earthquakes within the overriding lithosphere (black) and other earthquakes from the CMT catalogue, with some known major normal
and strike-slip faults mapped from field and seismic-reflection data. Fault traces are schematic and modified from Caputo et al. (2013) and waveform-modelled
earthquakes are from Kiratzi (2003), Benetatos et al. (2004), Shaw & Jackson (2010) and this study.

authors have suggested that the AD 365 event was a normal-faulting
earthquake (e.g. Wegmann 2008), but we consider this unlikely, as
we discuss in Section 5.2 and Appendix B.
Uplifted Holocene and Pliocene–Quaternary shorelines are observed along many of the coastlines of Greece close to the Hellenic
Trench System (Fig. 1; e.g. Kelletat et al. 1976; Gauthier 1979;
Angelier et al. 1982; Pirazzoli et al. 1982), and their presence has
been attributed to a variety of mechanisms (e.g. Shaw et al. 2008;
Gaki-Papanastassiou et al. 2009; Caputo et al. 2010; Gallen
et al. 2014; Strobl et al. 2014). It is important for the assessment
of earthquake and tsunami hazard in the eastern Mediterranean to
determine: (1) how the earthquake cycle on the Aegean–Nubia subduction interface relates to these observed vertical motions of the
coastline of southern Greece, and (2) how much of the observed

coastal uplift is related to faulting of the type inferred to explain
uplift of Crete and Rhodes.
This study presents time-series from continuous GPS (cGPS) stations in the SW Peloponnese (SW Greece; Figs 1 and 2a) over the
period 2004–2015, focussing on the MW 6.9 Methoni earthquake
of 2008 February 14, which was one of the largest earthquakes
in SW Greece since 1960 (Anderson & Jackson 1987; Shaw &
Jackson 2010). We compare the observed coseismic displacements
from this event and its aftershocks with those predicted from seismological source models and show that this earthquake is likely
to have been on the subduction interface. We show that the postseismic deformation from the Methoni earthquake sequence is also
consistent with afterslip on the same interface. We then show that
neither coseismic slip nor post-seismic deformation associated with
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earthquakes on the subduction interface like the Methoni events is
able to produce the observed long-term (Pliocene–Quaternary) uplift of their adjacent coasts. We conclude that the observed vertical
motions of the coast are probably related to faulting or ductile shortening within the overriding Aegean lithosphere rather than slip on
the subduction interface itself.

2 T H E 2 0 0 8 M E T H O N I E A RT H Q UA K E
SEQUENCE
This study covers the part of the plate boundary zone shown in
Fig. 2(a), from W Crete in the east to the SW side of the Peloponnese. The Hellenic Trench is present along the whole of this section
of the plate boundary, and the presence of Pliocene–Quaternary
marine terraces close to the coast of the three peninsulas in the S
Peloponnese (Kelletat et al. 1976; Fig. 1) shows that, like Crete,
this area is being uplifted. Inland, internal deformation of the Peloponnese observed using GPS data is minimal (Davies et al. 1997;
Clarke et al. 1998; Briole et al. 2000; Floyd et al. 2010), but there
are active normal faults striking at a high angle to the subduction zone (Armijo et al. 1992; Papanikolaou et al. 2007; Mason
et al. 2015; Fig. 2c), with slip rates of up to 2 mm yr−1 (Benedetti
et al. 2002). Strike-slip earthquakes in the NW coastal region of
the Peloponnese appear to be related to faulting in the Kefalonia
Transform Zone (Kahle et al. 1993; Louvari et al. 1999; Shaw &
Jackson 2010; Karakostas et al. 2015). Data from seismic receiver
functions (Pearce et al. 2012; Sachpazi et al. 2015), microseismicity (Hatzfeld et al. 1989; Hatzfeld 1994) and body-waveform
modelling of earthquake focal mechanisms and depths (e.g. Taymaz
et al. 1990; Benetatos et al. 2004; Shaw & Jackson 2010) show that
the subduction interface dips shallowly (∼10◦ ) under the Peloponnese and Crete, before steepening under the Gulf of Corinth and
the volcanic arc. Earthquakes also occur within the subducting slab
to depths of ∼100 km, probably including the 1903 MW ∼ 7.7-8.1
Kythira earthquake, which occurred somewhere in the region S of
the Peloponnese; little is known about this event but it is generally
thought to have occurred within the downgoing plate (Kárnı́k 1971;
Engdahl & Villaseñor 2002; Konstantinou et al. 2006). Depth contours for the subduction interface are shown in Fig. 2(b).
The February 2008 Methoni earthquake sequence began at 10:09
UTC on February 14 with an MW 6.9 reverse-faulting earthquake at
28 km depth (M1, Fig. 3; centroid depths and mechanisms are from
body-waveform modelling unless specified; Shaw & Jackson 2010;
Roumelioti et al. 2009). It was followed 2 hr later by a MW 6.3 event
at 12:08 (M2), at 30 km depth, and on February 20 by an MW 6.1
strike-slip earthquake (M3) at 12 km depth (within the overriding
lithosphere; Shaw & Jackson 2010). Seismicity in the area south
of the February 14 events stayed consistently high for the next four
months: gCMT moment tensors for 12 events of 4.8 ≤ MW < 6.0
between February and June 2008 are shown in Fig. 3 (M4–15;
Ekström et al. 2012). Also in June 2008, the Achaia-Elia (or Movri;
A1) earthquake occurred in the western Peloponnese at ∼20 km
depth (Shaw & Jackson 2010), but does not appear to have ruptured
the surface (e.g. Ganas et al. 2009; Stiros et al. 2013; Serpetsidaki
et al. 2014). Durand et al. (2014) suggest that earthquakes with
MW ≥5.0 in Greece during 2008 followed an approximately SW–
NE progression related to the spread of seismicity following an
earthquake in the downgoing Nubian lithosphere on 2008 January
6 (L1, Fig. 3). We now present new cGPS data that illuminate
the coseismic and post-seismic deformation associated with this
earthquake sequence.

Figure 3. Locations and timings of earthquakes in 2008 referred to in
the text. The upper panel shows the locations of the earthquakes, their
magnitudes, centroid depths and the labels by which they are referred to in
the text (underlined). The lower panel shows the dates of the earthquakes,
colour-coded so that events match the top panel. M4–15 are the 12 small
reverse-faulting events that occurred in the 6 months after the Methoni
earthquakes in the area to their S.

3 G P S D ATA A N D T R E AT M E N T
The main data presented in this study are the time-series from
the cGPS stations shown in Fig. 4(a). Most of these data were
collected between 2000 and 2015 as part of a joint project between the Higher Geodesy Laboratory of the National Observatory
of Athens and Oxford University, though we also use some stations from the Corinth Rift Observatory (e.g. Bernard et al. 2014,
https://gpscope.dt.insu.cnrs.fr/chantiers/corinthe/). Many of the
cGPS stations were installed in 2011–2013, so the data available
for analysis of the 2008 earthquakes are restricted to those stations
marked in red in Fig. 4(a).
The processing of raw GPS data used GIPSY-OASIS II software
(v. 6.4), Precise Point Positioning strategy (Zumberge et al. 1997)
and precise non-fiducial orbits and clocks (product version 2.1) from
JPL. The daily solutions were then converted to ITRF2008 using
transformation parameters from JPL. In daily session processing we
estimated station positions and clocks, tropospheric delays and their
horizontal gradients for 30 hr sessions, centred at the midday of each
day. The VMF-1 mapping function was used to model tropospheric
delay (Boehm et al. 2006), and zenith wet delay and the horizontal
tropospheric gradients were modelled as Random Walk variables
with variance of 8 and 0.8 mm hr−1/2 , respectively. Earth and ocean
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Figure 4. (a) cGPS stations in southern and central Greece. Stations with and without time-series data for 2008 February 14 are marked by red and white
circles respectively. Stations used in our afterslip inversion are marked by red triangles (all stations marked by triangles have time-series with data coverage for
the Methoni earthquakes). The 2008 February 14 MW 6.9 (left) and 6.3 (right) earthquakes are also plotted. Topography is from SRTM15 (Becker et al. 2009).
(b) Detrended time-series for selected stations. All are treated using the method discussed in the text and illustrated in the supplementary material. Grey bars
show 2σ errors. The dates of the 2008 February 14 Methoni and June 6 Achaia earthquakes are marked by solid and dashed red lines.

tides were predicted using the TPXO7.2 model (Egbert et al. 2010)
and atmospheric loading effects were taken into account following
Tregoning & van Dam (2005). Absolute calibrations for satellite
and receiver antenna phase-centre variations and offsets were used
according to Schmid et al. (2007). Integer phase ambiguities were
fixed using the wide-lane phase-bias product from JPL (Bertiger
et al. 2010).
Time-series were processed using CATS software
(Williams 2008), which was also used to remove seasonal
variations (annual and semi-annual terms in the time-series). Data
were then rotated from IRTF2008 into the Eurasia-fixed reference
frame provided by Altamimi et al. (2011). We are principally
interested in departures from the long-term (interseismic) velocities
at these sites, so detrend the time-series using pre-2008 data,
assuming the velocity to have been constant from the beginning of
the time-series until immediately before the earthquake. Formal
errors for the time-series are unrealistically small, so we take the
standard deviation of the detrended pre-2008 data as a more realistic

estimate of error, except for the few cases where the estimated
formal error is larger than the standard deviation. Final, detrended
time-series for selected stations (with realistic uncertainties) are
shown in Fig. 4(b). These clearly show that at the stations closest
to the Methoni (M1 and M2) earthquakes the coseismic (marked
by red lines) and post-seismic offsets (the curved transient offsets
after the earthquakes) are of similar magnitude.

4 M E T H O D S A N D A N A LY S I S
4.1 Coseismic displacements: methods
Our first aim is to compare the observed coseismic displacements
at our GPS sites with displacements predicted from seismological
estimates of earthquake source parameters. We use the waveformmodelled sources of Shaw & Jackson (2010), re-assessing them
to obtain the reliable estimates of error in seismologically
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Table 1. Source parameters and their uncertainties for selected waveform-modelled earthquakes discussed in the text. Latitude and longitude are from the EHB
catalogue (Engdahl et al. 1998), except for the 2013 Crete event (for which the hypocentre is from the ISC) and the 2008 February 14 Methoni earthquakes,
for which our relocated hypocentres are plotted (see the text and Fig. 6 for details). MW is calculated using the method of Hanks & Kanamori (1979).
Date
1997-10-13
2008-02-14
2008-02-14
2013-10-12

Location

Longitude (◦ )

Latitude (◦ )

Centroid depth (km)

Strike (◦ )

Dip (◦ )

Slip vector (◦ )

MW

Methoni
Methoni (M1)
Methoni (M2)
Crete

22.161
21.664
22.044
23.3718

36.374
36.344
36.353
35.5277

28+4/−10
28 ± 6
30+4/−6
45 ± 4

310
310
310
315

17+6/−10
8+10/−8
15+/−12
12+8/−10

209 ± 10
215 ± 10
217 ± 12
208 ± 8

6.4
6.9
6.3
6.5

determined source parameters listed in Table 1. The inversion procedure uses the MT5 program (Zwick et al. 1994) and the method
of McCaffrey & Abers (1988) and McCaffrey et al. (1991). We deconvolve seismograms (from the IRIS DMC) from their instrument
response and reconvolve them with the response of a WWSSN 15–
100 s long-period seismometer. At these periods, earthquakes with
MW ≤ 7.0 can be approximated as a point source, and the program
uses a downhill inversion technique to find source parameters that
minimize the least-squares misfit between observations and computed synthetic seismograms. This technique, the details of which
are discussed extensively elsewhere (e.g. Maggi et al. 2000; Shaw
& Jackson 2010; Craig et al. 2014), is effective for estimating
earthquake centroid depths (accurate to about ±4 km; Molnar &
Lyon-Caen 1989; Taymaz et al. 1991; Maggi et al. 2000) and also
improves estimates of source parameters such as strike, dip and rake
compared to the gCMT catalogue (Dziewonski et al. 1981; Ekström
et al. 2012). The fit of synthetic to observed waveforms for our bestfitting source model for the MW 6.9 Methoni (M1) earthquake is
shown in Fig. 5.
We use the same velocity model as Shaw & Jackson (2010) because (1) this is reasonable given what is known of the upper crustal
structure offshore (e.g. Chaumillon & Mascle 1997); and (2) it
facilitates comparison with their other waveform-modelled earthquake sources. This velocity model consists of a layer of sediment
8 km thick (VP 4.5 km s−1 and VS 2.59 km s−1 ) overlying a crustal
layer (VP of 6.5 km s−1 and VS 3.75 km s−1 ) which contains the
earthquake, with a water layer of 1–4 km depth depending on the
earthquake location. We estimate uncertainties by fixing the source
parameter of interest at values away from the best-fit, re-inverting for
all other parameters and comparing the misfit to the best-fit solution
(see Molnar & Lyon-Caen 1989; Taymaz et al. 1990); best-fitting
source parameters and uncertainties for earthquakes discussed in
this study are listed in Table 1. We also re-assess the seismological
source model for the 1997 October 13 MW 6.4 earthquake which
occurred close to the hypocentres of the 2008 Methoni earthquakes
(Fig. 2a), using its depth to provide a further constraint on the depth
of the subduction interface in this region.
The waveform-modelling technique treats earthquakes as point
sources, but we are interested in the Methoni earthquakes as ruptures of fault patches. When modelling coseismic displacements at
GPS stations, we therefore use the method of Okada (1985), treating the earthquakes as slip of a rectangular dislocation. Since the
Methoni earthquakes are of modest size, we treat the earthquake
sources as square dislocations, with the length of one side (L) estimated from the seismic moment using the empirical scaling relation
u = 5 × 10−5 L, where u is magnitude of slip (for earthquakes of
the size of the Methoni events, these range between 0.5 and 2 m;
Fig. 6; Scholz et al. 1986; Wells & Coppersmith 1994). Exact patch
dimensions are not important, however: at the distances between the
earthquakes and our stations, displacements are much more sensitive to the scalar seismic moment (patch area × slip) than to patch
dimension alone.

Figure 5. Fit of synthetic to observed waveforms for the 2008 February
14 Methoni MW 6.9 earthquake. The event header (between the two focal
spheres) shows the strike, dip, rake, centroid depth and scalar seismic moment (in Nm) of the minimum misfit solution. The top focal sphere shows the
lower hemisphere stereographic projection of the P-waveform nodal planes,
and the positions of the seismic stations used in the inversion. The lower
panel shows the SH focal sphere. Capital letters next to the station codes correspond to the position on the focal sphere, ordered clockwise by azimuth,
starting at north. Solid and dashed lines show the observed and synthetic
waveforms respectively. The inversion window is marked by vertical lines
on each waveform. The source-time function (STF) is shown, with the time
scale for the waveforms below it. The amplitude scales for the waveforms are
shown below each focal sphere. The P- and T-axes within the P-waveform
focal sphere are shown by a solid and an open circle, respectively.

In order to test whether our GPS-measured coseismic displacements are consistent with the seismologically determined source
parameters, we perform a grid search for the locations of the MW
6.9 and MW 6.3 reverse-faulting earthquake centroids (M1 and M2
in Fig. 3), varying latitude, longitude and depth in 1 km increments.
Of the remaining six parameters required to define a single-patch

1598

A. Howell et al.

Figure 6. (a) Observed coseismic displacements, marked by black arrows with error ellipses. (b) Residual displacements from our best-fitting combined model
for the MW 6.9 and 6.3 (M1 and M2) earthquakes, with arrows at the same scale as in (a). (c) Contribution of the MW 6.3 (M2) earthquake to the modelled
earthquake, again at the same scale. (d) Coloured contours show variation of RMS misfit with centroid location of the MW 6.9 (M1) event. Black lines show
the amount of slip to achieve the best fit to the GPS data for that centroid location; they reveal the consequent trade-off between moment and centroid location.
South of the dashed line, earthquake source models that fit the data predict a seismic moment M0 ≥ 2.5 × 1019 Nm, the maximum plausible seismic moment
from our seismological inversions. The centroids and modelled rupture areas of both the MW 6.9 and 6.3 models in (a) are shown by white circles and squares
respectively and the EHB hypocentres for these events are shown in black. Station names are shown next to displacement arrows in (a) and their locations are
marked by red triangles in (d).

Okada (1985) source, we fix the along-strike length and down-dip
width at the value calculated using the scaling relation above, solve
for slip using standard least-squares methods, and allow strike, dip
and rake to vary by 1◦ increments. However, we discard source
models whose slip vector is outside ±10◦ of the seismologically
constrained values in Table 1.

4.2 Coseismic displacements: analysis
Fig. 6(a) shows the centroid locations for our best-fitting model
of the two 2008 February 14 earthquakes, the EHB (Engdahl
et al. 1998) hypocentres for these earthquakes reported by the ISC
(International Seismological Centre 2016), the observed coseismic
displacements and the residuals from comparison of the displacements predicted by our best-fitting source model with the observations. These results show that the coseismic displacements in our
GPS time-series are consistent with earthquakes located within the
likely error (±15 km) of the EHB hypocentres and with our seismologically determined source parameters.
There are trade-offs between location and other source parameters for both of these earthquakes. The largest, illustrated for the
MW 6.9 (M1) earthquake in Fig. 6(d), is between seismic moment
and distance of the centroid from the coast and is not surprising
since all of our stations (on land) lie to the NE of both earthquakes.
Nonetheless, for the MW 6.9 event, RMS misfit deteriorates rapidly

if the model centroid is moved N of the EHB hypocentre, with
individual misfits highest at PYLO and METH, the two stations
with the largest and best-determined coseismic displacements. The
earthquake may therefore have occurred significantly further from
the coast, but its centroid cannot be more than 15 km N of the EHB
hypocentre. The maximum distance of the earthquake centroid from
the coast is poorly constrained by the GPS-measured coseismic offsets, but the predicted values of seismic moment for source models
with centroids more than 40 km SW of the EHB hypocentre are too
high to be consistent with our seismologically determined value of
1.93 ± 0.5 × 1019 Nm (black dashed line in Fig. 6d). The minimum
distance from the coast of the earthquake centroid is constrained
by the fit of the model to the observed GPS offsets rather than the
seismic moment.
The smaller earthquake (M2) is also subject to a trade-off between distance from the coast and seismic moment, but its location is poorly constrained by the GPS data, with negligible displacements at all stations apart from KERY (Fig. 6c). In practice,
the simplest approach is to find the location and source parameters for the MW 6.9 earthquake that fit the observed GPS offsets
best, and then to find source parameters for the smaller earthquake that minimize the residual at KERY. Some results of this
approach are shown in Fig. 6, where the centroid of the smaller
earthquake is ∼20 km from the EHB hypocentre, slightly larger than
the largest mislocations for IASPEI test events in the EHB catalogue
(Engdahl et al. 1998). However, a common trade-off between the
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seismologically determined depth, seismic moment and source time
function allows a shallower, larger (MW 6.4) earthquake to produce
the same displacement at KERY with its centroid nearer the EHB
hypocentre.
We conclude that the observed GPS offsets are consistent with the
seismological data, and that both earthquakes (M1 and M2) ruptured
the subduction interface, which is well defined by the depths and
mechanisms of numerous shallow-dipping thrusts along the SW
side of the Peloponnese (Fig. 2; e.g. Shaw & Jackson 2010).

4.3 Post-seismic deformation: methods
Our second aim is to establish whether the observed post-seismic
deformation can be explained as the effects of afterslip on the spatial continuation of the fault that ruptured coseismically, a phenomenon that has been observed in many subduction zones and for
other reverse faults (e.g. Chlieh et al. 2007; Mahsas et al. 2008;
Ozawa et al. 2011; Vigny et al. 2011; Thomas et al. 2014). Our
inversion uses the PCAIM (principal components) software of
Kositsky & Avouac (2010) and the detrended time-series from
the stations marked by triangles in Fig. 4(a). Prior to inversion,
static coseismic displacements associated with the 2008 February
20 Methoni (M3) and June 8 Achaia (A1) strike-slip earthquakes
are removed from the time-series.
We use E and N components at five stations (METH, KERY,
VASS, ATRS and KITH), but use vertical time-series only from
METH and KERY, because the small magnitude and large errors
on the vertical time-series at the other stations make it easy for
other effects (for example, related to equipment changes) to be mistaken for tectonic displacements. Instead, we compare the observed
vertical time-series at these stations with the modelled time-series
predicted by our inversion using the other data, to check that the observed time-series at these stations are compatible with our results.
We use the coseismic offsets measured at Pilos (PYLO) in our grid
search in Section 4.1, but the station only became active in August
2007, so uncertainties in interseismic velocity are large and it is
difficult to determine how quickly the velocity at the station returns
to its interseismic value. We therefore do not use the time-series
from PYLO in our afterslip inversion. We were unable to fit the
time-series from Sparta (SPRT) and suspect that the site is affected
by a local slope instability, so exclude it from the inversion. We
assume that the post-seismic signals we model are entirely due to
the Methoni earthquakes. The post-seismic deformation associated
with the Achaia earthquake, the only other large earthquake in the
vicinity in the relevant time interval, appears to be negligible at the
stations closest to its hypocentre; these stations (RLSO and KOUN)
are closer to the epicentre than the closest station we analyse (VASS)
so this assumption seems reasonable.
We require our solution to be consistent with slip on the subduction interface. While there have been several seismological studies
of the interface, their resolution offshore has been limited by an
absence of stations (Pearce et al. 2012; Sachpazi et al. 2015; Kassaras et al. 2016), so that the geometry of the interface up-dip of the
Methoni earthquakes is poorly constrained. In the absence of better
constraints, we assume the subduction interface is planar, passing
through our best-fitting centroid for the MW 6.9 Methoni earthquake
(M1) and dipping at 8◦ (the best-fitting dip from our seismological
estimates). We vary the centroid location and dip within their uncertainties (listed in Table 1) to test the sensitivity of the inversion to
these parameters, and also test the effect of different patch sizes on
the results of the inversion. Finally, we assume that the magnitude
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of slip tends to zero away from the main slip area, so augment the
penalty on slip at the sides and lower end of the fault model.
This choice of a simple geometry for our fault model means that
we do not investigate the possibility of post-seismic slip on steeper
faults above the subduction interface. Although afterslip on these
steeper faults is observed elsewhere (e.g. Copley & Reynolds 2014),
the dip and location of any such faults offshore from the Peloponnese
are poorly constrained so we are unable to model them effectively.
In the absence of better data we restrict our fault model to the simple
geometry described above, accepting that at least some of the postseismic deformation may occur on faults other than the subduction
interface, particularly in regions further from the coast.
Our model extends down-dip to 45 km depth, which is the depth
of the deepest waveform-modelled earthquakes on the subduction
interface (Shaw & Jackson 2010, this study) and also of the deepest microseismicity on Crete (Meier et al. 2004). This is probably
an overestimate of the depth extent of the seismogenic layer under the Peloponnese, since the Methoni earthquakes are the deepest moderate-sized earthquakes to have occurred there since 1960
(Shaw & Jackson 2010) and local microseismicity only reaches
to 35 km depth (Papoulia & Makris 2004; Kassaras et al. 2016), but
we use the more conservative of these depth estimates when setting
limits for the extent of the model fault plane.
At its up-dip limit, the subduction interface may be buried by
10 km of sediment on the Nubian plate (e.g. Chaumillon & Mascle 1997; Huguen et al. 2001; Makris et al. 2013). We therefore
carry out two sets of inversions to investigate whether it is possible
to fit the observations with (1) fault slip that extends all the way to
the surface and (2) slip on a subduction interface deeper than 10 km
(an approximate thickness for the sediment).
The initial set-up of our model subduction interface allows the
inversion to specify slip up to 150 km along strike from the centroid
of the MW 6.9 (M1) earthquake, relocated from the EHB hypocentre
using the method in Section 4.1 and the observed coseismic GPS
offsets. We experiment with different along-strike fault widths, as
well as varying patch sizes, the value of the Laplacian smoothing
weight, and the number of principal components.

4.4 Post-seismic deformation: analysis
Fig. 7(a) shows example results from an inversion for afterslip.
Many slip distributions are able to fit the observed time-series to
an acceptable level (reduced χ 2 goodness-of-fit ≤1.0) with one
principal component of slip, an exponential relaxation time for all
patches of 345 ± 51 days and a Laplacian smoothing weight of 104
or lower (Kositsky & Avouac 2010), but they all have two important
features in common:
(i) Most afterslip occurs on the offshore portions of the subduction interface. This result is independent of patch size, smoothing and the extent of the fault model. However, this area is furthest
from our stations, where resolution would be expected to be lowest.
In order to test the resolving power of our network in the offshore
regions, we use the method of Backus & Gilbert (1970) and Tarantola (2005) to calculate a resolution matrix R (shown in Fig. 7b),
where
R = Gt (GGt )−1 G

(1)

and G is the matrix of Green’s functions for the fault model. The
elements of R are dimensionless numbers between 0 (no resolution)
and 1 (full resolution) for each patch in the fault model. If there were
no noise at our stations, an inversion would be expected to specify
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Figure 7. (a) Results of afterslip inversion of post-seismic GPS time-series using the PCAIM software of Kositsky & Avouac (2010). Slip was inverted for
using one principal component and a value for the Laplacian smoothing operator of 104 . The Methoni earthquakes (M1 and M2) are shown, the trace of the
Hellenic Trench is marked by a dashed black line, and the stations used in the inversion are shown by black circles. Arrows show slip-vector directions for
fault patches where the inversion predicts mean slip ≥50 mm and the white box shows the region with the highest spatial density of aftershocks (see Fig. 8).
(b) The resolution matrix for the network and the model subduction interface shown in (a). (c) Fit of the model in (a) to cumulative displacements in the 3 yr
following the Methoni earthquakes.

the slip on a patch with a resolution of 1 entirely correctly, and to
be completely insensitive to slip on a patch with a resolution of 0.
The resolution for our network is good (≥0.8) under the Peloponnese, but rapidly becomes poorer with distance offshore (Fig. 7b).
The prediction of minimal afterslip NE of the coastline is therefore
likely to be robust. Although the inversion specifies some small slip
in a few patches under the Peloponnese, since we are able to fit the
observed time-series to an acceptable level with a fault model where
slip is restricted to be shallower than 35 km (Fig. A1), we conclude
that slip under the Peloponnese is likely to be minor.
Offshore, resolution for our network is poor so the slip distribution
around and up-dip of the coseismic ruptures is poorly constrained.
Fig. 7(a) shows a plausible afterslip distribution for which afterslip
is greatest in the region where elevated levels of seismicity were
observed following the earthquake (Fig. 8), but due to a trade-off
between magnitude of slip and distance from the coast we cannot determine the up-dip extent of afterslip. In many subduction
zones the region closest to the trench is creeping, so the absence of
seismicity there does not necessarily indicate an absence of neartrench slip (e.g. Hyndman et al. 1997; Lay 2015). Furthermore,
reflection-seismic data show numerous folds in the sediments of the
Mediterranean ridge (e.g. Huguen et al. 2001), so it is likely that
much of the shortening in these sediments is accommodated inelastically and is therefore not observable using either seismological or
on-shore GPS data.
(ii) Post-seismic moment release is equivalent to or greater
than coseismic moment release. Despite the low sensitivity of our

network to slip in the region up-dip of the coseismic ruptures, a
trade-off between magnitude and areal extent of afterslip allows us
to estimate a minimum value for the release of moment in the 3 yr
following the earthquake. We run inversions with slip restricted
from the surface down to a specified depth, which we vary. This
reduces the area over which afterslip is allowed to occur, and allows us to test the robustness of the large slip area in our best
inversion results. We are able to fit the data to an acceptable level
(χ 2 goodness-of-fit ∼1.0) with slip restricted to be below 25 km,
but fits to individual stations (most importantly METH and KERY)
deteriorate significantly if slip is restricted to be deeper than this.
When we reduce the area over which afterslip occurs, the mean slip
over the remaining area increases greatly, so that even our most
spatially restricted inversion requires a moment release of 4 × 1019
Nm (equivalent to MW 7.1) to be able to match the magnitude of
the post-seismic signal observed at our cGPS stations. This is not
surprising given that the GPS-observed post-seismic and coseismic
offsets at our stations are of roughly equal magnitude (both ∼20 mm
at METH and KERY).
Some of the post-seismic deformation may be off-fault (rather than
localized on the subduction interface), particularly since we do not
model post-seismic viscous relaxation due to uncertainties in the
viscosity structure for this area. The effects of viscous relaxation in
the equivalent regions of other subduction zones are generally small
in magnitude compared to coseismic displacements (e.g. Perfettini
et al. 2005), so its contribution to our time-series is likely to be
unimportant. The release of seismic moment from afterslip is likely
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Figure 8. (a) Changes in seismicity in the NOA earthquake catalogue
(D’Alessandro et al. 2011) from 2007 to 2008. Filled rectangles show areas where total seismic moment release in 2008 in a 0.1◦ × 0.1◦ area is
greater than the total moment release in 2007 in the same area by at least
1015 Nm (equivalent to MW 4.0). Red dots show locations of earthquakes
with ML ≥ 3.0. Numbers in boxes show the fraction of the total seismic
moment accounted for by the single largest earthquake in that 0.1◦ × 0.1◦
region as a percentage. The black line marks the edge of the fault model
shown in Fig. 7(a). The dashed line marks the trace of the Hellenic Trench.
Mechanisms of the Methoni earthquakes (M1 and M2) are shown in red. (b)
Mechanisms and relative locations of the Methoni earthquakes (M1–3) and
their aftershocks.

to be slightly lower than that predicted by our models, but we conclude that afterslip following the Methoni earthquakes is likely to
have been widespread, releasing a seismic moment that was comparable to or greater than the coseismic moment release. Post-seismic
deformation of comparable magnitude to the coseismic deformation
has been observed for other faults (most notably following the 2004
Parkfield earthquake, around which much of the San Andreas fault
is creeping; Barbot et al. 2009; Thomas et al. 2014); it is consistent
with widespread aseismic slip in the areas around the rupture, and
in the case of the Hellenic subduction zone may indicate that interseismic strain close to the subduction interface represents a small
fraction of the convergence rate between Nubia and the lithosphere
of the Aegean.

5 DISCUSSION
5.1 Locking of the subduction interface
Our analysis of the distribution of afterslip (Section 4.4 and Fig. 7a)
suggests that it was spread over a relatively large area around the
earthquake ruptures and therefore that large areas of the subduction
interface are not locked, consistent with previous analyses of seismic
and GPS data (Jackson & McKenzie 1988; Vernant et al. 2014) and
with the suggestion of Shaw & Jackson (2010) that earthquakes
on the interface may rupture isolated locked patches, as has been
observed for other subduction zones (e.g. Lay 2015).
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The relationship between coseismic rupture and interseismic or
post-seismic creep is a complex one, with suggestions that creeping
patches can also rupture coseismically through dynamic weakening
(e.g. Noda & Lapusta 2013). However, our results are consistent
with a large part of the subduction interface undergoing post-seismic
creep. The results of our inversions suggest that most of the afterslip
to the Methoni earthquake was on the offshore part of the subduction
interface.
Seismological data provide some evidence of seismic slip in the
region SW of the 2008 February 14 (M1 and M2) earthquakes:
there were 12 reverse-faulting events of MW ≥ 4.8 in the area south
of the M1 and M2 events in the 4 months following the Methoni
earthquakes (Figs 3 and 8b), and there is an increase in seismicity
in 2008 relative to 2007 in much of the area up-dip of the Methoni
earthquakes, accompanied by a significant increase in the rate of
release of seismic moment (Fig. 8). It is possible that at least some of
this increased seismic activity is related to slip on the up-dip parts of
the subduction interface. For many of the 0.1◦ × 0.1◦ bins in Fig. 8,
the largest earthquake during the period of interest accounts for only
a small fraction of the total moment release, which is consistent with
gradual release of seismic moment in the months following the M1
and M2 earthquakes. Seismicity rates remain low in the shallowest
10–20 km of the subduction interface throughout 2008, but this is the
area where in many subduction zones deformation is thought to be
predominantly aseismic or inelastic (e.g. Hill et al. 2012; Lay 2015),
so an absence of seismicity in this area does not necessarily reflect
an absence of deformation.
The cGPS and seismological data are therefore consistent with
large-magnitude, widespread afterslip in the part of the subduction
interface around the patches that ruptured in the Methoni earthquakes and therefore with a low degree of locking on much of the
Aegean–Nubia subduction interface in this area.

5.2 Relationship between subduction and long-term
coastal uplift
The locations of the Methoni earthquakes and of an MW 6.5 event on
the subduction interface near Crete in 2013 (Fig. 2a) allow us to address an unresolved problem of eastern Mediterranean tectonics: the
mechanism responsible for coastal uplift of SW Greece. Pliocene–
Quaternary marine terraces indicative of recent uplift are found on
all of the islands above the Hellenic Trench System and in the Peloponnese (e.g. Kelletat et al. 1976; Angelier 1979a; Gauthier 1979;
Pirazzoli et al. 1982, 1989; Gaki-Papanastassiou et al. 2009; Caputo
et al. 2010; Gallen et al. 2014, see Fig. 1).
The terraces represent uplift on a length scale that is consistent
with faulting of the elastic upper crust. We use the term uplift to
mean upward motion relative to the geoid and assume that, because
erosion rates in this area are low, rates of uplift of the land surface,
of rocks, and of palæoshorelines are the same at a given location.
The region containing these terraces is affected by four sets of active
faults capable of changing surface heights: (i) normal faults whose
strikes are approximately north–south and sub-perpendicular to the
trench (e.g. Armijo et al. 1992; Gaki-Papanastassiou et al. 2009;
Caputo et al. 2010); (ii) normal faults whose strikes are approximately east–west and sub-parallel to the trench (e.g. Caputo
et al. 2010; Gallen et al. 2014); (iii) the subduction interface; (iv)
reverse faults above the interface (e.g. Pirazzoli et al. 1996; Shaw
et al. 2008; Mouslopoulou et al. 2015). Surface uplift may also
result from distributed crustal thickening, either by underplating of
sediment or by ductile deformation of the crust.
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Uplift of the footwalls of normal faults is widely observed in the
Aegean region (e.g. Armijo et al. 1992; Stiros et al. 2000; McNeill
& Collier 2004; Gaki-Papanastassiou et al. 2009), but the hanging
walls of these faults subside much more rapidly than the footwalls
rise. The widespread uplift that is seen in Crete and the Peloponnese
cannot, therefore, be explained by displacements on normal faults
that strike sub-perpendicular to the trenches (e.g. Armijo et al. 1992;
Gaki-Papanastassiou et al. 2009). Such displacements may nevertheless modulate uplift on a horizontal length scale comparable with
the vertical extent of faulting [∼15 km, (e.g. Jackson et al. 1982;
Lyon-Caen et al. 1988; Gaki-Papanastassiou et al. 2009)].
Wegmann (2008) and Gallen et al. (2014) argued that coastal
uplift in the Hellenic Plate boundary zone may be attributed to a
combination of sedimentary underplating and uplift of the footwalls
of normal faults that strike sub-parallel to the plate boundary and dip
oceanwards. Gallen et al. (2014) suggested that some of the trenches
in the Hellenic Trench System are the bathymetric expression of
such normal faults. Wegmann (2008) suggested that the AD 365
earthquake occurred on such a normal fault south of Crete and
was responsible for the late-Holocene uplift of SW Crete. This
suggestion is examined in Appendix B and shown to be implausible.
One objection to the suggestion that AD 365 was a normal-faulting
earthquake is that an extremely large magnitude of coseismic slip
(tens to hundreds of metres) is required if the late-Holocene uplift
of SW Crete is to be explained by normal faulting. Second, even if
normal faulting were to penetrate as far down as the plate interface
(∼45 km, or 3-to-4 times the maximum observed depth of normalfaulting earthquakes of the region; Lyon-Caen et al. 1988; Hatzfeld
et al. 2000), the length scale of the uplift is much shorter than that
observed. We conclude that the normal faults striking parallel to the
trenches do not exert a primary control on the surface elevation of
the region. Instead, following England et al. (2015), we suggest that
they are an example of the well-understood phenomenon of parallel
reverse and normal faulting, with the normal faulting being within
crust of greater surface elevation and higher gravitational potential
energy (e.g. Dalmayrac & Molnar 1981; Copley et al. 2009; Farı́as
et al. 2011; Tsuji et al. 2013).
The mechanisms and depths of the 2008 Methoni MW 6.9 (M1)
and 2013 Crete earthquakes (source parameters in Table 1) place
them on the subduction interface, so we use their locations to test
the hypothesis that coastal uplift on Crete and in the Peloponnese
relates to permanent deformation during the earthquake cycle on
this interface. It has been suggested, particularly for the Andean
subduction zone, that cumulative deformation (including uplift) of
the overriding plate occurs coseismically during earthquakes on the
subduction interface where there is some permanent component of
deformation that is not recovered elastically during the interseismic period (e.g. Loveless et al. 2005; Baker et al. 2013; Wesson
et al. 2015; Melnick 2016).
Our analysis in Section 4.1 shows that the minimum distance from
the coast of the centroid of the Methoni MW 6.9 earthquake (M1) is
well constrained by GPS data; an earthquake source model with a
centroid more than 15 km N of the EHB hypocentre does not fit the
coseismic offsets observed in our GPS time-series to an acceptable
level (Fig. 6d). The predicted distribution of vertical displacements
from our northernmost plausible fault model (centroid in Fig. 6)
is shown in Fig. 9(b), with coseismic and post-seismic subsidence
at METH and KERY (as shown by the time-series in Fig. 4) and
predicted subsidence everywhere onshore, in a region where the
presence of marine terraces shows long-term uplift (the marine
terrace at Koroni is illustrated in Fig. 9a). Of the earthquakes on
the subduction interface since 1960, the Methoni MW 6.9 event was

one of the deepest and furthest NE, so it is likely to have ruptured
close to the base of the seismogenic layer.
The same argument applies to the 2013 October 12 Crete earthquake (Fig. 9c), whose depth of 45 ± 5 km is close to the maximum
depth of microseismicity in the region (Meier et al. 2004). As for
the Methoni earthquakes, the distribution of vertical displacements
estimated from our source model predicts subsidence onshore over
almost all of W Crete (Fig. 9c), where the presence of marine notches
and marine terraces shows that the coast has been uplifted during
Quaternary time (Pirazzoli et al. 1982; Shaw & Jackson 2010). This
result remains true even if the source model is translated 60 km SE
along the strike of the subduction zone to simulate an earthquake at
the same depth closer to the coast of Crete. Furthermore, Fig. 9(d)
shows that if the fault plane for the 2013 earthquake is extrapolated
along strike and up dip to 10 km depth, a model in which an earthquake takes place on the subduction interface does not predict uplift
onshore; in fact, for this larger modelled earthquake, the boundary
between predicted uplift and subsidence lies further SW than for
the 2013 Crete earthquake. We conclude that both coseismic and
post-seismic slip on the subduction interface are unlikely to be responsible for the coastal uplift, because the seismogenic part of the
interface lies too far from the coast.
In contrast to the three mechanisms discussed so far, shortening and thickening of the overriding lithosphere can readily explain
the coastal uplift. Displacements on a reverse fault cropping out
close to the Hellenic Trench can explain both the distribution of
late-Holocene palæoshorelines associated with the AD 365 earthquake and the Quaternary uplift of the surface of western Crete
(Shaw et al. 2008, and Appendix B). A reverse fault dipping at 30◦ ,
rupturing to 40 km depth and reaching the surface in the Hellenic
Trench is able to explain much of the spatial distribution of mapped
terraces in the Peloponnese (Fig. 9e), and a more complex geometry
of reverse faulting could explain the rest; the presence of a reverse
fault of this type would have important implications for regional
earthquake and tsunami hazard. Such a reverse fault would reach a
depth of 15–20 km beneath the nearest coast, and would therefore
be able to coexist with the less deeply penetrating onshore normal
faults without the two types of fault intersecting (e.g. Lyon-Caen
et al. 1988).
The widespread uplift recorded in the coastlines of the region may
also result from underplating of sediment or from reverse faulting
within, or ductile deformation of, the crust (Fig. 1; e.g. Angelier
et al. 1982; Strobl et al. 2014). We relate crustal thickening to uplift
by assuming isostatic compensation and crust and mantle densities
of 2700 and 3300 kg m−3 respectively, for which 5.5 mm yr−1
of crustal thickening would cause 1 mm yr−1 of surface uplift. If
this thickening were uniform over 100 km inland from the Hellenic
Trench system, then each millimetre per year of uplift would require
the underplating of 13 km of sediment at the present convergence
rate of 40 mm yr−1 . Typical estimates of the rate of Plio-Quaternary
uplift in these areas are generally lower than 1 mm yr−1 (e.g. Kelletat
et al. 1976; Gauthier 1979; Gaki-Papanastassiou et al. 2009; Strobl
et al. 2014) and the thickness of sediment offshore is at least 10 km
(e.g. Chaumillon & Mascle 1997; Huguen et al. 2001), so if that
thickness of sediment were all to be thrust beneath the Peloponnese,
it would account for the observed uplift.

6 C O N C LU S I O N S
The 2008 February 14 MW 6.9 Methoni earthquake occurred on
the Eurasia–Nubia subduction interface SW of the Peloponnese.
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Figure 9. (a) Terrace with cap rock at Koroni, SW Peloponnese. (b) Modelled uplift distribution from our relocated seismological source model for the 2008
February 14 MW 6.9 earthquake, with rupture area and centroid. Contours mark 10 mm intervals of uplift. (c) As for (b), but for the 2013 October 12 Crete
earthquake. (d) Predicted uplift distribution for a ‘megathrust earthquake’ model, produced by extrapolating the fault plane for the 2013 Crete earthquake
along-strike 200 km SE and NW from the centroid and updip to 10 km depth. Contours show uplift corresponding to 10 m slip on this fault model in 1 m
intervals. (e) Predicted uplift distribution from a reverse fault above the subduction interface, from the surface (in the Hellenic Trench) to 45 km. Topography
is from SRTM 15 (Becker et al. 2009; Sandwell et al. 2014) and marine terraces are from the same sources as Fig. 1.

Coseismic displacements measured with GPS are consistent with
our best-fitting seismological source, which suggests a shallowdipping thrust fault at 28 km depth. The post-seismic displacements
in the 3 yr following the earthquake are most consistent with afterslip over a wide region around the coseismic rupture. Much of this
part of the subduction interface appears to be able to creep, and is
therefore probably not locked.
The 2008 Methoni earthquakes caused coseismic and postseismic subsidence of regions in their hanging walls where the
presence of Pliocene–Quaternary marine terraces indicates longterm uplift, and our source model for the 2013 Crete earthquake
suggests that it also caused subsidence onshore. These earthquakes
both occurred on the subduction interface at depths close to the
lower limit of the seismogenic part of the subduction zone, so it is

unlikely that deformation during the earthquake cycle on the subduction interface is responsible for observed Pliocene–Quaternary
uplift. Instead, the widespread coastal uplift can be explained by
thickening of the overriding crust either through distributed shortening or slip on reverse faults such as that thought to have generated
the tsunamigenic AD 365 earthquake or some combination of these
processes (e.g. Papadimitriou & Karakostas 2008; Shaw et al. 2008;
Stiros 2010; Haghipour et al. 2012; Strobl et al. 2014).
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Supplementary data are available at GJIRAS online.
Figure S1. Fit of synthetic to observed waveforms for the 2013
October 12 MW 6.5 earthquake.
Figure S2. Fit of modelled to observed post-seismic time series at
station ATRS (Fig. 4, main text).
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Figure S3. Fit of modelled to observed post-seismic time series at
station KERY (Fig. 4, main text).
Figure S4. Fit of modelled to observed post-seismic time series at
station KITH (Fig. 4, main text).
Figure S5. Fit of modelled to observed post-seismic time series at
station METH (Fig. 4, main text).
Figure S6. Fit of modelled to observed post-seismic time series at
station VASS (Fig. 4, main text).
Table S1. Uplift measurements used in the grid searches in Appendix B.
Please note: Oxford University Press is not responsible for the content or functionality of any supporting materials supplied by the
authors. Any queries (other than missing material) should be directed to the corresponding author for the paper.
APPENDIX A: AFTERSLIP UNDER THE
PELOPONNESE
In Section 4.4, we show results of a model for which the inversion
is allowed to specify slip on the subduction interface up to a depth
of 45 km (Fig. 7). The inversion specifies minimal slip for all of
the patches NE of the coastline except four; we suggest that for
these patches the inversion is fitting the noise in the time-series
at individual stations (ATRS and KITH in particular). Fig. A1(a)
shows the fit of the model to the data for an inversion where slip
is specified to be shallower than 35 km. This model is able to fit
the observed post-seismic offsets at our stations (Fig. A1b), so our
GPS data are consistent with slip only in the region SW of the
coastline.

Figure A1. (a) Results of afterslip inversion using the PCAIM software of Kositsky & Avouac (2010). Slip was inverted for using one principal component and
a value for the Laplacian smoothing operator of 103 and was restricted to be shallower than 35 km depth. The Methoni earthquakes (M1 and M2) are shown,
the trace of the Hellenic Trench is shown by a dashed black line and the stations used in the inversion are shown by black circles. Arrows show slip-vector
directions for fault patches where the inversion predicts mean slip ≥50 mm and the white box shows the region with the highest spatial density of aftershocks
(see Fig. 8). (b) Fit of the model in (a) to cumulative displacements in the 3 yr following the Methoni earthquakes.
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A P P E N D I X B : Q UA N T I TAT I V E T E S T O F
T H E S U G G E S T I O N T H AT T H E
L AT E - H O L O C E N E U P L I F T O F S W
C R E T E I S AT T R I B U TA B L E T O N O R M A L
FAU LT I N G
B1 Background
Late-Holocene palæoshorelines are observed throughout SW Crete
at elevations of up to 9 m above present-day mean sea level (e.g.
Spratt 1865; Pirazzoli et al. 1982). Radiocarbon dates from marine
fauna found between these palæoshorelines and present-day sea
level show that this uplift occurred between 1500 and 2000 yr BP,
plausibly during the earthquake of 21 July, AD 365 (e.g. Pirazzoli
et al. 1996; Shaw et al. 2008; Stiros 2010). Calculation of the
distortion of the earth’s surface as a result of fault slip shows that
the distribution of elevations of these shorelines is consistent with
slip on a reverse fault cropping out near the Hellenic Trench (e.g.
Stiros & Drakos 2006; Papadimitriou & Karakostas 2008; Shaw
et al. 2008; Stiros 2010).
The uplift of Crete has also, however, been attributed to normal
faulting. Wegmann (2008) suggested that the AD 365 earthquake
occurred on a normal fault cropping out to the south of Crete and was
responsible for the late-Holocene uplift of SW Crete, and Gallen
et al. (2014) suggested that some of the trenches in the Hellenic
Trench System are the bathymetric expression of normal faulting.
The purpose of this appendix is to put that suggestion to a quantitative test. The only quantitative data available are the elevations
of the Late-Holocene palæoshorelines and we analyse these using
the standard techniques of elastic deformation modelling in order to
determine what source parameters are required if a normal-faulting
earthquake is to match the observed uplift.
We frame our discussion in terms of a single event, which we refer
to for brevity as the AD 365 earthquake, because Shaw et al. (2008)
showed that at least 7 m of the maximum 9 m of uplift occurred
in AD 365, plus or minus the uncertainties of the radiocarbon data.
The calculations are linear, so the Late-Holocene uplift may also be
treated as the sum of multiple smaller slip events on the same fault,
provided that the proposed events do not violate the radiocarbon
data. Equally, the calculations may be used to assess the plausibility
that Quaternary uplift of western Crete is attributable to long-term
slip on the same configurations of fault.
B2 Modelling
We treat slip on the fault as a rectangular dislocation in an infinite elastic half-space, using the method of Okada (1985). Nine
parameters are required to define the dislocation: the magnitude of
the slip and its rake, the dip of the plane, the locations of the endpoints of its surface projection, and the minimum and maximum
depths of slip. We perform systematic grid searches through the
last seven of these parameters. The distribution of uplift depends
linearly on the strike-slip and dip-slip components of the slip, which
we solve for by standard least-squares techniques.
We consider four categories of fault model (Fig. B1):
(A) A reverse fault with its surface projection in the Hellenic
Trench escarpment, as proposed by Shaw et al. (2008).
(B) A normal fault that projects to the surface in the Hellenic
Trench. If uplift of Crete in AD 365 did occur in the footwall of a
normal fault, the Hellenic Trench is the most obvious bathymetric
expression of slip on such a fault.

(C) A normal fault with the same strike as the Hellenic Trench
that projects to the surface close to the coast of Crete. To our knowledge there is no evidence for a fault of this type either in bathymetric
or reflection seismic data (e.g. Chaumillon & Mascle 1997; Kokinou & Kamberis 2009; Vitard 2015). We nevertheless consider such
a fault because, if it were to exist, it would require a smaller ratio
of slip to uplift than faults of category B; this model allows us to
estimate the minimum slip required on a normal fault with the same
strike as the Hellenic Trench (315◦ ).
(D) A normal fault that projects to the surface in the S Cretan
Trough, a bathymetric depression that runs ∼E–W along the S
side of W Crete, reaching ∼1300 m depth. Gallen et al. (2014)
interpreted this the eastern part of this trough as the expression of
arc-perpendicular extension, consistent with the presence of arcparallel normal faults on Crete (e.g. Caputo et al. 2010; Gallen
et al. 2014).

In all our calculations, the dislocation representing the model
fault intersects the surface; this minimizes the slip required to fit
the distribution of uplift. We vary the maximum depth of rupture
by 5 km increments between 20 and 45 km, which is the maximum
depth of microseismicity on Crete and the approximate depth of the
Eurasia–Nubia subduction interface beneath W Crete (this study
and Shaw & Jackson 2010). As will be discussed, this lower limit
restricts the length scale over which the uplift develops but normal faults dipping trenchwards to a greater depth would cut the
downgoing plate. Each fault model is specified by a point on its
intersection with the surface, and fault length is varied in 5 km
increments between 30 and 200 km.
For Model A, we use the strike, dip, and rake given by Shaw
et al. (2008) and allow the location of the surface projection of
the fault to vary. We perform a grid search for the location of the
fault surface projection, allowing it to vary in 5 km increments
from a point in the Hellenic Trench, finding the locations of the
fault end-points for which the RMS misfit between calculated and
observed uplift at 29 sites on Crete, Gavdos and Antikythira is
smallest. The best-fitting source parameters are listed in Table B1
and the uplift measurements are provided in the supplementary
information.
We perform similar grid searches for models B, C and D. The
strikes of fault models B and C are fixed at 135◦ (the strike of the
Hellenic Trench) and the strike of model D is fixed at 110◦ (the
strike of the S Cretan Trough close to W Crete). We set the rake of
each model fault to be −90◦ (pure dip-slip) because: (1) the normal
faults observed on Crete exhibit predominantly dip-slip behaviour
(e.g. Caputo et al. 2010); (2) any strike-slip component of faulting
would be poorly constrained by the observations of uplift; and (3)
there is no evidence from seismicity, GPS or field data for significant
strike-slip faulting in the overriding plate. We allow the dip of the
faults to vary from 30◦ in steps of 5◦ to 75◦ , which is the steepest dip
observed for a well-constrained normal-faulting earthquake with a
known fault plane (Copley et al. 2012).
For model B, we constrain the centre of the surface projection
of the fault to lie in the Hellenic Trench, allowing it to move along
strike in 5 km increments. In the case of model C, we also allow
the surface projection to move towards the coast in 5 km steps. The
surface projection of model D is allowed to move both across-strike
and along-strike in increments of 5 km from a point in the S Cretan
Trough. The best-fitting source parameters and calculated values of
MW for models B, C and D are listed in Table B1.
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Figure B1. Results of grid searches for fault models that fit the observed late-Holocene uplift of SW Crete. Model A is the reverse-faulting model of Shaw
et al. (2008). Model B is a normal-faulting source model for a fault that projects to the surface in the Hellenic Trench. Model C shows a normal fault with the
same strike as the Hellenic Trench but a surface projection closer to the coast of Crete. Model C is a normal fault that projects to the surface in the SW Cretan
Trough. The lower two panels show predicted uplift from the four models along the profiles X–Y and X–Z along the S and E coasts of Crete, with the uplift
observed at localities along these coasts shown by white circles. Model fault surface projections are shown by red lines and focal mechanisms associated with
each model are shown in black.
Table B1. Source parameters and moment magnitudes for the fault models in Fig. B1. MW is calculated using the method of Hanks & Kanamori (1979).
Longitude and latitude are for the centre of the surface projection of the fault. Max depth refers to the depth of the lower limit of slip in the fault model. Slip
reaches the surface in all models. Root mean square (RMS) misfits between uplift predicted by the models and observed uplift at 29 sites on Crete are in the
right-hand column.
Model

Longitude (◦ )

Latitude (◦ )

Strike (◦ )

Dip (◦ )

Rake (◦ )

Length (km)

Max depth (km)

Slip (m)

MW

RMS (m)

23.435
23.310
23.467
23.330

35.169
35.118
35.245
35.198

315
135
135
100

30
70
75
45

90
−90
−90
−90

100
90
100
40

45
45
45
45

18
99
36
368

8.4
8.7
8.5
8.9

0.75
1.45
1.32
1.64

A
B
C
D

B3 Results
Fig. B1 shows the best-fitting fault models from each of our four
grid searches. The lower panels show the fits of the models to
observed uplift on the S and W coasts of Crete. These panels and
the calculated RMS misfit show that none of the normal-faulting
models that we have considered fits the observed uplift as well as
the reverse-faulting model in A.

The minimum slip required on the normal faults is the 36 m for
Model C, the normal fault nearest to the south coast of Crete.
This comfortably exceeds the highest magnitude of slip for a
normal-faulting earthquake during the instrumental seismological era [∼10 m during the 2009 Samoa–Tonga earthquake (Lay
et al. 2010)]. Recall that this model, for which there is no bathymetric or reflection-seismic evidence, was chosen specifically to allow
the minimum ratio of slip to uplift. The slip required for Models B
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and D are, respectively ∼100 m and ∼370 m. These magnitudes of
slip correspond to moment magnitudes (MW ) of 8.7 and 8.9 respectively and ratios of slip to length of 10−3 and 10−2 , which greatly
exceed the ratios calculated by Scholz et al. (1986) and Wells &
Coppersmith (1994), which are typically 10−5 to 10−4 .
Furthermore, Models B, C, and D exhibit systematic misfits to
the data, with too much uplift near the fault, and too little uplift far
from the fault (lower panels Fig. B1). All of the best-fitting models
require that slip goes to the maximum depth (45 km) permitted in
the grid searches. This systematic misfit may be reduced by allowing
slip to continue to greater depth, thus permitting uplift further north

and east on Crete, but seismological data show that the subduction
interface is at ∼45 km beneath Crete. Normal faults that ruptured to
greater than this depth would cut the subducting slab, which seems
improbable.
We therefore conclude that the observed distribution of lateHolocene uplift of SW Crete is inconsistent with footwall uplift
during a normal-faulting earthquake. Unrealistically large slip is
required to match the 9 m of uplift observed in the very SW of
Crete and even normal-faulting models that rupture to 45 km do not
predict uplift on a wavelength long enough to be consistent with
uplift observations.

