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S U M M A R Y
We have studied the active and recent tectonics of New Guinea, using earthquake source
modelling, analysis of gravity anomalies, seismic reflection profiles, and thermal and mechan-
ical models. Our aim is to investigate the behaviour and evolution of a young continental
deformation belt, and to explore the effects of lateral variations in foreland rheology on the
deformation. We find that along-strike gradients in the lithosphere thickness of the southern
foreland have resulted in correlated changes in seismogenic thickness, likely due to the effects
on the temperature structure of the crust. The resulting variation in the strength of the foreland
means that in the east, the foreland is broken through on thrust faults, whereas in the west it
is relatively intact. The lack of correlation between the elevation of the mountain belt and the
seismogenic thickness of the foreland is likely to be due to the time taken to thicken the crust in
the mountains following changes in the rheology of the underthrusting foreland, as the thinned
passive margin of northern Australia is consumed. The along-strike variation in whether the
force exerted between the mountains and the lowlands is able to break the foreland crust en-
ables us to estimate the effective coefficient of friction on foreland faults to be in the range of
0.01–0.28. We use force-balance calculations to show that the recent tectonic re-organization
in western New Guinea is likely to be due to the development of increasing curvature in the
Banda Arc, and that the impingement of continental material on the subduction zone may
explain the unusually low force it exerts on western New Guinea.

Key words: Earthquake source observations; Seismicity and tectonics; Continental margins:
convergent; Neotectonics; Rheology: crust and lithosphere; Rheology and friction of fault
zones.

1 I N T RO D U C T I O N

The rheology of continental lithosphere—and its controls on tec-
tonic deformation—has long been the source of debate. Discussion
has surrounded the distribution of strength in continental litho-
sphere, and rheological differences between Precambrian cratons
and younger intervening deformation belts (e.g. Chen & Molnar
1983; Maggi et al. 2000a; Townend & Zoback 2000; Burov & Watts
2006; Jackson et al. 2008; Burov 2010). One of the main methods
that has been used to estimate the strength of the lithosphere is based
upon observations and models of active mountain ranges and their
forelands. The distribution of strain within the ranges can be used
to estimate the material properties of the mountain belt, and flexure
and earthquakes in the bounding forelands can be used to infer their
rheology (e.g. Dalmayrac & Molnar 1981; England & Houseman

1989; England & Molnar 2015). However, most of this previous
work has focused on relatively long-lived mountain belts like Tibet
and the Andes, in which the foreland now adjacent to the ranges
represents the former continental interior of the bounding plates. In
order to fully explore the degree, and causes, of lateral variability in
continental rheology, it is therefore important to investigate imma-
ture collision zones, where the foreland at least partially represents
the continental margin of the bounding plate.

For this reason, we have chosen to study New Guinea, where the
laterally variable continental margin of the northern Australian Plate
forms the southern foreland to the deformation belt. This mountain
range—the New Guinea Highlands—is the product of a young, ac-
tive arc-continent collision, caused by rapid oblique convergence
between the Australian and Pacific Plates (presently 110 mm yr–1;
DeMets et al. 1994). The orogeny is thought to have begun in the

1684

C© The Author(s) 2021. Published by Oxford University Press on behalf of The Royal Astronomical Society. This is an Open Access
article distributed under the terms of the Creative Commons Attribution License (http://creativecommons.org/licenses/by/4.0/), which
permits unrestricted reuse, distribution, and reproduction in any medium, provided the original work is properly cited.

D
ow

nloaded from
 https://academ

ic.oup.com
/gji/article/228/3/1684/6413548 by U

niversity of C
am

bridge user on 02 February 2022

http://orcid.org/0000-0003-4724-1728
http://orcid.org/0000-0003-0362-0494
http://orcid.org/0000-0002-8030-2652
http://orcid.org/0000-0002-1313-6914
http://orcid.org/0000-0002-7551-4124
mailto:epk26@cam.ac.uk
http://creativecommons.org/licenses/by/4.0/


Foreland rheology and tectonics in New Guinea 1685

mid-Miocene (Hill & Hall 2003; Cloos et al. 2005), and the un-
derthrusting Australian foreland displays large pre-existing struc-
tural variations along-strike. Thus New Guinea provides an ideal
opportunity to study how along-strike variations in the mechanical
properties and rheology of the lithosphere can affect the early stages
of mountain-building.

In this paper, we use seismological modelling techniques to de-
termine accurate source parameters for recent earthquakes in cen-
tral and western New Guinea. We combine these data with elastic
and thermal modelling to study along-strike rheological variation
in the New Guinea Highlands and southern foreland basin. Using
additional geodetic and seismic reflection data, we also explore
the tectonic configuration and evolution of the region west of the
mountains, where the deformation pattern has switched from re-
gional compression to extension over the last 2 Myr. We make
new estimates of the forces acting between the central mountains
and forelands and estimate the frictional strength of active foreland
faults. We suggest how along-strike variations in foreland litho-
spheric strength and mountain elevation may be related to each
other, and explore the implications for the factors controlling the
deformation in the early stages of mountain building. We also in-
vestigate how changing plate-driving forces in southeast Asia have
controlled the tectonic evolution of western New Guinea through
the late Cenozoic.

We begin by summarizing the geological history and current
tectonic setting of the region. We then present newly constrained
estimates of depths and focal mechanisms of earthquakes in New
Guinea, before investigating lithosphere strength within the moun-
tains and forelands. We then describe new evidence for recent and
active extension in western New Guinea. We reconcile our obser-
vations with models of the lateral variations in the rheology of the
lithosphere, and discuss how the New Guinea Highlands may be
expected to evolve over time. Finally, we discuss how large-scale
tectonic changes in the wider Indonesian region may have affected
the tectonics of western New Guinea.

2 G E O L O G I C A L H I S T O RY A N D
T E C T O N I C S E T T I N G

2.1 Geology of New Guinea

New Guinea is situated on the northern edge of the Australian Plate.
The island’s geology reveals a complicated tectonic history of sub-
duction, obduction, arc-continent collision, and mountain-building,
driven by rapid oblique convergence between the Australian and
Pacific plates.

New Guinea has been described as resembling a bird flying west
(Moore 2003). The island is thus divided geographically into (from
west to east): the Bird’s Head, Neck, Body and Tail. Central New
Guinea, or the Bird’s Body, can itself be divided into three major
WNW–ESE trending provinces (Fig. 1c): the Southern Lowlands,
a stable platform which marks the northern extent of the Australian
Plate; the New Guinea Highlands, formed primarily of passive mar-
gin sediments which have been folded and thrust to form mountains
with an average elevation of 2–3 km; and the Mobile Belt, a northern
accretionary complex of ophiolites, metamorphic rocks, sediments
and island arc volcanics (Abers & McCaffrey 1988; Nash et al.
1993; Hill & Hall 2003; Baldwin et al. 2012).

The Southern Lowlands are comprised of Australian continental
crust and form the foreland to the New Guinea Highlands. The Low-
lands are divided by the Tasman Line (Fig. 1b), a boundary which

separates Proterozoic cratonic basement of the Australian Shield in
the west from the Palaeozoic Tasman Orogen in the east (Schiebner
1974; Hamilton 1979; Plumb 1979). The Tasman Line approxi-
mately follows the Indonesia–Papua New Guinea border, but its
location north of the Lowlands is poorly known (Hill & Hall 2003).
The Tasman Line is also roughly coincident with a change in litho-
sphere thickness observed in both New Guinea and Australia, such
that the lithosphere is up to 100 km thicker to the west of the Tasman
Line (Priestley et al. 2018, and discussed in more detail below).

In western New Guinea, the Bird’s Head, Bird’s Neck and Cen-
derawasih Bay comprise the Bird’s Head Block, a region of Palaeo-
zoic basement overlain and intruded by basin sediments, granitic
intrusions, accreted arc material and high grade metamorphics
(Pieters et al. 1983; Bailly et al. 2009; Jost et al. 2018). Eastern
Papua New Guinea hosts the accreted Finisterre Arc (Davies et al.
1997; Hill & Raza 1999), and extensive ophiolite belts and arc
magmatism along the Papuan Peninsula (Davies & Jaques 1984;
Baldwin et al. 2012; Davies 2012).

2.2 Geological history

During the Palaeozoic, westwards subduction along the eastern mar-
gin of Australia (which was then part of Gondwana) led to terrane
accretion above the subduction zone and the development of the Tas-
man Orogen, which was thrust westwards over the stable Precam-
brian craton which now forms western Australia and New Guinea
(Crawford et al. 2003; Glen 2005). North–south rifting along the
northern Australian margin in the Mesozoic lead to the truncation
of the Tasman Orogen and the development of a passive margin
up to 1000 km wide across what is now New Guinea (Pigram &
Symonds 1991; Veevers et al. 1991; Cloos et al. 2005).

Major tectonic change occurred in the early Eocene after the
breakup of Gondwana, when the Australian Plate drifted northwards
as it separated from Antarctica (Royer & Sandwell 1989; Hall 2002).
Pacific lithosphere was subducted beneath the north and east sides of
the Australian passive margin, developing a volcanic island arc (Hill
& Hall 2003). Around 30 Ma, the arrangement of the plate margins
changed such that oceanic Australian lithosphere from the northern
passive margin began subducting northwards beneath the volcanic
arc (Cloos et al. 2005). Northwards subduction of the Australian
Plate also occurred in the early Miocene beneath the Solomon Sea
(Webb et al. 2014).

Subduction of the Australian Plate ceased between 15 and 12
Ma, when Australian continental crust reached the collision zone,
and crustal shortening and orogenesis was initiated across cen-
tral New Guinea (Visser & Hermes 1962; Pigram et al. 1989;
Pigram & Symonds 1991; Cloos et al. 2005; Webb et al. 2014).
The New Guinea Highlands were formed primarily of deformed
sediments from the passive margin and accretionary prism. North
of the orogeny, the Mobile Belt was developed as terranes from
the volcanic arc and forearc basin, containing ophiolites, metamor-
phic rocks, intrusives and sediments, were accreted to the northern
Australian margin (Hamilton 1979; Nash et al. 1993; Davies et al.
1997). The mid-Miocene also saw the active Java subduction zone
propagate eastwards through Indonesia and begin to subduct an em-
bayment of Indian oceanic crust from the western edge of Australian
continent, initiating subduction along the Banda Arc (Spakman &
Hall 2010, Fig. 1b).

In the late Miocene, Pacific lithosphere began to subduct south-
wards beneath the north coast of New Guinea (Tregoning & Gor-
batov 2004). Orogenic deformation and sedimentary deposition
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(c) Geological summary map
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Figure 1. (a) GPS data (red arrows) showing motion relative to Australian Plate (AUS). GPS data west of 141◦E are from Stevens et al. (2002); GPS data east
of 141◦E are from Koulali et al. (2015). The large black arrow indicates motion of the Pacific Plate (PAC) relative to the Australian Plate (DeMets et al. 1994).
Dotted lines indicate key fault zones adapted from Baldwin et al. (2012). (b) Tectonic summary map of New Guinea showing major geological features and
fault zones, adapted from Baldwin et al. (2012). Red triangles indicate locations of known volcanoes (Siebert et al. 2011). Acronyms of the names of fault
zones are listed below the map. (c) Simplified geological map of New Guinea adapted from Hill & Hall (2003) and Baldwin et al. (2012).
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propagated rapidly southwards from the Mobile Belt into the south-
ern fold-and-thrust belt (Pigram & Symonds 1991; Hill & Raza
1999). Trench-parallel strike-slip activity occurred along shear
zones in western and central New Guinea (Dow & Sukamto 1984;
Cloos et al. 2005; Bailly et al. 2009), whilst shortening remained
dominant in the east (Hill & Hall 2003).

In the late Miocene and Pliocene, northwards subduction of
oceanic lithosphere in Cenderawasih Bay led to collision between
the Bird’s Neck and the Weyland Overthrust, which formed the
Lengguru Fold-Thrust Belt (Dow & Sukamto 1984; Hill & Hall
2003; François et al. 2016; Fig. 1b). From the Pliocene onwards,
compression waned across the central New Guinea Highlands, as
strike-slip tectonics became dominant at high elevation and thrust-
ing migrated to the presently-active thrust front on the southern
edge of the range (Abers & McCaffrey 1988; Cloos et al. 2005).
Pliocene and Quaternary volcanism has been identified within the
Highlands, though its origin is debated (e.g. Johnson et al. 1978;
Hamilton et al. 1983; McDowell et al. 1996; Cloos et al. 2005). The
most recent major tectonic change occurred around 2 Ma when the
Bird’s Neck and Cenderawasih Bay became a region of transten-
sion, with deformation taken up along the edges of the bay and the
Tarera-Aiduna Fault (Pubellier & Ego 2002; Bailly et al. 2009).

2.3 Present tectonic setting

At present, the broad-scale tectonics of central New Guinea are
driven by oblique convergence between the Australian and Pacific
plates, which occurs at a rate of 110 mm yr–1 along an azimuth
of 248◦ (DeMets et al. 1994, Fig. 1a). The convergence is oblique
to the trend of major geological structures in central New Guinea
(Fig. 1b) and has been partitioned into ∼70 mm yr –1 of shortening
and ∼85 mm yr–1 of left-lateral shear across these structures (Dow
& Sukamto 1984; Abers & McCaffrey 1988; Puntodewo et al. 1994;
McCaffrey 1996; Tregoning & Gorbatov 2004). GPS and seismic
data suggest that between 10 and 60 mm yr–1 of the shortening may
be accommodated by subduction off the north coast at the New
Guinea Trench, which produces occasional megathrust earthquakes
such as the Mw 8.2 earthquake on 2 February 1996 (McCaffrey 1996;
Stevens et al. 2002; Tregoning & Gorbatov 2004). The remaining
shortening across the central part of the island is taken up on thrust
faults within the New Guinea Highlands and Mamberamo Basin
(McCaffrey & Abers 1988; Puntodewo et al. 1994; Wallace et al.
2004).

Central and western New Guinea is dominated by left-lateral
strike-slip tectonics. Along the north coast of the island, a semi-
continuous shear zone runs subparallel to the New Guinea Trench.
From west to east, this shear zone is divided into the Sorong, Yapen
and Bewani-Torricelli Fault Zones (Fig. 1b). The shear zone ex-
hibits a varying slip rate along-strike: GPS data reveal the Yapen
Fault Zone to be slipping at up to 46 mm yr–1 (Bock et al. 2003),
while the Sorong Fault Zone may slip at ∼20 mm yr–1 west of 131◦E
but is mostly inactive where it outcrops on land (Puntodewo et al.
1994; Stevens et al. 2002). Accumulated offset along the Sorong and
Yapen Fault Zones is estimated between 370 and 900 km (Visser &
Hermes 1962; Dow & Sukamto 1984; Charlton 1996). The Tarera-
Aiduna Fault, which lies south of Cenderawasih Bay and the Leng-
guru Fold-Thrust Belt (Fig. 1b), has an estimated left-lateral offset
of 50 km (Hamilton et al. 1983) and a slip rate of 20 mm yr–1 (Mc-
Caffrey & Abers 1991). The Tarera-Aiduna Fault continues offshore
to the west where it meets the Seram Trench (Teas et al. 2009). Some
left-lateral strain is also taken up along the Paniai-Lowlands Fault

Zone, which truncates the New Guinea Highlands on the east side
of Cenderawasih Bay. Faults within the Paniai-Lowlands Fault Zone
display up to 1.5 km of vertical offset (Pubellier & Ego 2002) and
may accommodate ∼20 mm yr–1 of extension (Stevens et al. 2002),
which suggests a transtensional nature to the fault zone.

Off the west coast of New Guinea, the Banda Arc represents
an active collision between the Australian continental margin and a
volcanic arc (Carter et al. 1976; Hamilton 1979; McCaffrey & Abers
1991). Australian continental crust is being underthrust both north-
wards at the Banda Trench and southwestwards at the Seram Trench,
where the Bird’s Head Block meets the arc (Fig. 1b). Deep seismic-
ity implies that this continental material is connected to subducting
oceanic lithosphere at depth (McCaffrey 1989). The tight curva-
ture of the arc has sparked debate regarding whether the collision
involves deformation of a single continental slab at both trenches
(Hamilton 1979; Spakman & Hall 2010), or two separate slabs sub-
ducting towards each other (Cardwell & Isacks 1978; McCaffrey
1989; Hinschberger et al. 2005).

In eastern Papua New Guinea, an active arc-continent collision is
emplacing the Finisterre Arc onto the northeast coast of the island
along the Ramu-Markham Fault (Fig. 1b), with maximum conver-
gence rates between 40 and 60 mm yr–1 (Davies et al. 1997; Wallace
et al. 2004; Koulali et al. 2015). Convergence continues along-
strike at the New Britain Trench. The Owen-Stanley Fault Zone on
the Papuan Peninsula shows along-strike tectonic variability, tran-
sitioning from extension at the southern tip, to oblique-sinistral slip
which is exhuming a metamorphic core complex, to shortening in
the north where the fault zone meets the Ramu-Markham Fault
(Wallace et al. 2004; Daczko et al. 2011).

Within this overall context, we have chosen to study the active
tectonics of the New Guinea Highlands and southern foreland basin,
as well as investigating active extension in the Bird’s Neck and Cen-
derawasih Bay. We will first describe new estimates of earthquake
depths and mechanisms in both regions, which we have made in
order to study how variation in lithosphere properties may be af-
fecting the active tectonics. Our seismological methods are detailed
in the following section.

3 S E I S M I C I T Y

3.1 Earthquake source parameter modelling

To study active deformation in central and western New Guinea, we
have compiled a set of earthquakes which have been modelled to
determine their source parameters, and have added to them 23 of our
own analyses. Focal mechanisms and centroid depths determined
by teleseismic body-waveform modelling were taken from the work
of Abers & McCaffrey (1988) and Sloan & Jackson (2012). Of the
new events analysed in this study, 14 events were studied using
body-waveform modelling to determine depth, focal mechanism,
magnitude and source time function (Table 1), and nine events
were modelled using depth-phase analysis to estimate depth alone
(Table 2). We chose to model these earthquakes in order to study
the range of faulting styles in the southern foreland basin, New
Guinea Highlands and the Bird’s Neck. While estimates of earth-
quake source parameters are available in online catalogues such
as the gCMT (Dziewonski et al. 1981; Ekström et al. 2012) or
ISC-EHB Bulletin (Weston et al. 2018; International Seismological
Centre 2021), the methods used in our study can significantly in-
crease the accuracy of the source parameter estimates, in particular
the centroid depth (Engdahl et al. 2006).
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Table 1. Earthquake source parameters determined in this study using body-waveform modelling. Depths and focal
mechanisms have been determined using the MT5 program, except for the events marked † for which focal mechanisms
could not be accurately obtained. For these two events, the gCMT focal mechanism has been retained (Dziewonski et al.
1981; Ekström et al. 2012), and only depth, source time function and seismic moment inverted for.

Body-waveform modelling
Date Time Long Lat Mw Depth Focal mechanism

yyyy mm dd hh mm ss (◦) (◦) (km) Strike (◦) Dip (◦) Rake (◦)

1992 05 25 02 51 32 139.73 −4.79 5.7 6 303 66 22
1993 06 12 18 26 42 135.12 −4.38 6 10 251 72 19
1994 01 04 19 31 59 135.15 −4.30 6 8 69 86 350
1995 03 13 10 31 46 134.38 −2.79 5.8 7 208 58 272
2000 03 03 22 22 40 143.81 −6.82 6.6 18 122 52 82
†2005 02 02 06 28 36 145.04 −7.48 5.5 14 63 59 68
2007 08 20 21 30 45 140.87 −5.40 5.7 11 149 34 91
2011 11 15 23 42 29 140.31 −5.28 5.7 14 126 48 52
2012 10 12 00 31 28 134.03 −4.89 6.6 23 183 54 243
2012 12 08 16 35 16 143.97 −7.21 5.8 9 133 54 99
†2013 09 05 15 27 03 144.03 −7.27 5.4 5 112 54 85
2014 07 28 23 0 48 143.87 −6.92 5.6 13 131 44 100
2018 03 06 14 13 07 142.61 −6.30 6.7 10 135 75 93
2019 01 26 08 12 48 133.77 −5.50 5.9 30 204 58 253

Table 2. Earthquake depths determined using depth-phase analysis in this study. Focal mechanisms and moment have been
retained from the gCMT catalogue (Dziewonski et al. 1981; Ekström et al. 2012).

Depth-phase analysis
Date Time Long Lat Mw Depth gCMT mechanism

yyyy mm dd hh mm ss (◦) (◦) (km) Strike (◦) Dip (◦) Rake (◦)

1991 02 23 19 53 16 137.71 −4.68 5.2 6 108 64 99
1995 01 21 16 44 07 134.35 −2.60 5.2 7 214 58 292
1999 10 25 00 43 06 134.19 −2.12 5.4 8 31 38 267
2001 07 12 19 37 15 134.84 −3.65 5.1 8 191 60 251
2002 09 28 15 14 57 134.57 −3.26 5 10 26 55 283
2007 08 19 19 09 45 140.85 −5.37 5.3 9 80 87 3
2009 10 29 01 34 00 140.38 −5.26 5.1 19 140 43 101
2016 06 14 22 09 28 137.97 −4.60 5.2 33 296 68 129
2019 04 27 13 32 53 137.23 −4.32 4.9 8 235 26 293

Teleseismic body-waveform modelling can be used for earth-
quakes of sufficient magnitude to result in good signal-to-noise
ratio at teleseismic distances (typically Mw≥ 5.4) and with good
azimuthal seismic station coverage. In this study, earthquake source
parameters were determined using the MT5 program, which per-
forms a joint inversion of P and SH seismic waveforms recorded at
teleseismic distances (McCaffrey & Abers 1988; McCaffrey et al.
1991; Zwick et al. 1994). The methodology behind this procedure
has been extensively detailed in previous literature (e.g., Abers &
McCaffrey 1988; Molnar & Lyon-Caen 1989; Taymaz et al. 1990)
and need only be summarized here.

Broadband seismograms were downloaded from the IRIS DMC
and deconvolved to reproduce the response of a long-period (15–
100 s) WWSSN instrument. This process allows the earthquake to
be modelled as a point source and reduces sensitivity to small-scale
heterogeneities in velocity structure in the source region (Taymaz
et al. 1990). For earthquakes within the foreland basin and Bird’s
Neck, we use a simple two-layer velocity model which represents
an upper layer of sediments (Vp = 4.5 km s–1; Vs = 2.7 km s–1;
density = 2400 kg m–3; layer thickness = 2 km) and a crustal
layer which hosts the earthquake source (Vp = 6.5 km s–1; Vs =
3.8 km s–1; density = 2800 kg m–3). Reasonable changes to the
velocity structure alter the earthquake source depth only within the
limits of expected uncertainties (±4 km; Taymaz et al. 1990) and
so the thickness of the upper sediment layer was not altered for each

individual event. For events in the Aru Trough, we use a water layer
with a thickness of 3.0–3.5 km (adjusted to match the observed
water layer reverberations), a sediment layer (Vp = 3.0 km s–1; Vs

= 1.7 km s–1; density = 2400 kg m–3; layer thickness = 5 km) and
a lower crustal layer (Vp = 6.5 km s–1; Vs = 3.8 km s–1; density =
2800 kg m–3) (Jacobson et al. 1979; Sloan & Jackson 2012).

Seismic stations within 30–90◦ epicentral distance of the earth-
quake were selected in order to avoid lithospheric reverberations and
interactions with the core. Up to 50 P and SH seismograms were
selected after visual inspection of signal-to-noise ratio and to ensure
sufficient azimuthal coverage. The gCMT solution was then used as
the starting model for the inversion, which minimizes the weighted
least-squares misfit between the observed seismograms and syn-
thetic seismograms generated from the starting model. Seismo-
grams were weighted by azimuthal density, and P phases weighted
by a factor of two compared to SH phases, to account for their lower
amplitude. The final solution was constrained to have a double-
couple moment tensor. An example focal mechanism produced us-
ing this method for the 15 November 2011 Mw 5.7 earthquake in
the New Guinea foreland is shown in Fig. 2. The parameters of all
earthquakes with new analyses performed in this study are given in
Table 1, and our inversion results for all events are displayed in the
supplemental information.

Uncertainties in the source parameters were estimated using
the method of Taymaz et al. (1990). Each source parameter was
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Foreland rheology and tectonics in New Guinea 1689

Figure 2. Minimum-misfit focal mechanism solution for the 15 November 2011 Mw 5.7 earthquake in the New Guinea forelands, determined using teleseismic
body-waveform modelling in the MT5 program. Source parameters from the inversion are shown beneath the title in the form: strike/dip/rake/centroid
depth/seismic moment, where centroid depth is in kilometres and seismic moment is in Newton metres. The upper panel shows the lower-hemisphere
stereographic projection of the P-waveform nodal planes and the locations of seismic stations used in the inversion. The lower panel shows the SH-waveform
equivalent. Letters printed on the focal spheres correspond to letters next to the seismic station codes, ordered by azimuthal location. Seismic station codes
are printed to the left of each seismogram. Black and white circles on the focal spheres represent the projections of the P- and T-axes, respectively. The black
lines and dashed red lines represent the observed and synthetic seismograms, respectively. Vertical ticks on each seismogram mark the inversion window. STF
represents the best-fitting source–time function, with the timescale for the inverted waveforms shown directly below.
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successively fixed and an inversion performed in which all other
source parameters were free to vary. The fixed parameter was varied
sequentially on either side of the minimum misfit value. The poten-
tial error was estimated by examining when the fit to the observed
waveforms was noticeably degraded. Errors in centroid depth were
typically within ±5 km. Errors in focal mechanism were more vari-
able and highly dependent on the azimuthal distribution of seismic
stations: strike errors were typically within ±30◦; dip errors within
±15◦ and rake errors within ±30◦. For the 2 February 2005 Mw 5.5
earthquake and the 5 September 2013 Mw 5.4 earthquake, the depth
was well constrained by the MT5 program but the focal mechanism
was not, primarily due to poor seismic station coverage of the focal
sphere. For these two events, the gCMT focal mechanism solution
was retained and we inverted only for centroid depth, magnitude,
and source time function.

For earthquakes of Mw <5.5, or if azimuthal coverage was poor, or
if there were few seismic stations with an acceptable signal-to-noise
ratio to allow inversion for the focal mechanism, forward-modelling
of depth phases was instead used to constrain the source depth of the
event. This method compares the P wave and pP and sP near-source
surface reflections between an observed seismogram and a synthetic
seismogram generated for a range of source depths, in order to find
the best-fitting depth. For each earthquake, broadband seismograms
with visible depth phases were selected, within the 30–90◦ epicen-
tral range. Synthetic seismograms were generated using the WKBJ
algorithm (Chapman et al. 1988), the ak135 global velocity model
(Kennett et al. 1995), and the gCMT focal mechanism (Dziewon-
ski et al. 1981; Ekström et al. 2012). The observed P waves were
aligned with the first arrival of their corresponding synthetic. The
absolute amplitude of the synthetic was scaled to fit the amplitude
of the observed seismogram. By varying the source depth used to
calculate the synthetic waveforms, the best-fitting solution was se-
lected via visual inspection of the synthetic and observed depth
phases. Errors in source depth were typically ±1 km.

For events we were unable to model ourselves due to limited
data availability or quality, we have used additional data from the
gCMT catalogue and ISC-EHB Bulletin (Dziewonski et al. 1981;
Ekström et al. 2012; Weston et al. 2018; International Seismological
Centre 2021). A merged earthquake catalogue was created, using
gCMT focal mechanism solutions matched to events located by
the ISC-EHB Bulletin; this was done because locations and depths
located using the EHB algorithm are typically more accurate than
those from the gCMT catalogue (Engdahl et al. 1998, 2006). The
merged catalogue contains more than 4700 events of Mw >4.5 which
occurred between 1976 and 2016 across New Guinea.

3.2 Patterns of seismicity

The focal mechanisms of earthquakes modelled in this study and
by Abers & McCaffrey (1988) and Sloan & Jackson (2012) are
displayed in Fig. 3, alongside the additional events from the gCMT
catalogue. Fig. 4 shows the location and depths of earthquakes
across New Guinea, separated by focal mechanism.

The north coast of New Guinea is dominated by shallow, left-
lateral strike-slip earthquakes which are likely to be associated with
the semi-continuous Sorong, Yapen and Bewani-Torricelli Fault
Zones, and reverse-faulting earthquakes associated with the New
Guinea Trench; these reverse earthquakes generally have much
greater magnitudes than the strike-slip events. There is also some
strike-slip and reverse-faulting activity within the Mamberamo
Basin.

Seismicity in northeast New Guinea is dominated by a major
north-dipping subduction zone (the New Britain Arc) which runs
from the northeast of the island offshore towards the island of New
Britain. Deep earthquakes (>60 km) beneath the northeast New
Guinea Highlands may be related to subduction along this arc. The
strike-slip earthquakes concentrated along the northern coastline
extend from the Bewani-Torricelli Fault Zone to the region north of
the Bismarck Sea.

The overall pattern of seismicity in and around the New Guinea
Highlands shows only a small amount of shallow crustal deforma-
tion presently occurring beneath the mountains (Figs 3 and 4). The
largest earthquakes in the region are strike-slip events, indicating
that there is little active crustal shortening within the range. The
largest magnitude earthquakes are concentrated beneath the west-
ern half of the Highlands. Earthquakes beneath the Highlands at
depths greater than ∼60 km are likely associated with southwards
subduction of the Pacific Plate at the New Guinea Trench, instead
of being associated with the orogeny. The southern range-front of
the Highlands is characterized by thrust-faulting earthquakes with
nodal planes aligned approximately parallel to the strike of the range
front. These events tend to have nodal planes with dips >30◦. Our
modelling techniques do not allow us to constrain which of the nodal
planes is the fault plane, though for these thrust-faulting events the
fault plane is likely to be the north-dipping plane, causing uplift in
the fold-thrust belt and subsidence in the basin. South of the fore-
land basin, the Southern Lowlands are mostly aseismic, with the
exception of a small number of events that we discuss in detail later.

To the west of the New Guinea Highlands, significant seismicity
occurs within the Bird’s Neck and along the edges of Cenderawasih
Bay. Where the Highlands meet the Bird’s Neck, the region is dom-
inated by shallow strike-slip earthquakes, some of which are likely
associated with the Tarera-Aiduna Fault which continues westwards
towards the Banda Arc. To the south of the Bird’s Neck, normal and
strike-slip faulting is observed within the Aru Trough. The east side
and north sides of Cenderawasih Bay show mostly strike-slip earth-
quakes, whereas the west side is characterized by shallow normal
faulting. Seismic activity in the Bird’s Head is concentrated along
the north coast and is associated with the Sorong Fault Zone and
the New Guinea Trench.

4 N E W G U I N E A H I G H L A N D S A N D
F O R E L A N D S

We now examine in detail the New Guinea Highlands and their
southern foreland, and combine our estimated earthquake source pa-
rameters with thermal models and the analysis of gravity anomalies.

4.1 Earthquake depths and seismogenic thickness

Earthquake depths in the New Guinea Highlands and southern fore-
land basin, determined by body-waveform modelling and depth-
phase analysis, are shown in Fig. 5, overlain on a map of lithosphere
thickness derived from surface wave tomography (Priestley et al.
2018). The vertical resolution of the lithosphere thickness data is
approximately 30 km, and the horizontal resolution is between 250
and 400 km (Priestley et al. 2018). The deepest earthquakes (the
14 June 2016 Mw 5.2 event at 33 km depth in the foreland and the
2 December 1982 Mw 5.5 event at 44 km depth in the Highlands)
occurred in the region of thickest lithosphere in New Guinea. The
1982 event also occurred in the region where mountain elevation is
highest.
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Foreland rheology and tectonics in New Guinea 1691

Figure 3. Focal mechanism solutions determined by body-waveform modelling or depth-phase analysis in this study, or by body-waveform modelling in
previous work (Abers & McCaffrey 1988; Sloan & Jackson 2012). Additional events of Mw >6 are taken from the gCMT catalogue (Dziewonski et al. 1981;
Ekström et al. 2012).
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1692 L. Knight et al.

Figure 4. Maps of earthquake locations and depths, separated by focal mechanism. Large circles represent results from body-waveform modelling or depth-
phase analysis in this study and previous work (Abers & McCaffrey 1988; McCaffrey & Abers 1991; Sloan & Jackson 2012). Additional events of Mw≥5.5
are shown as small circles and are taken from a catalogue of gCMT focal mechanism solutions combined with depths from the ISC-EHB Bulletin (Dziewonski
et al. 1981; Ekström et al. 2012; International Seismological Centre 2021). The green outline marks the extent of the New Guinea Highlands.
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Figure 5. (a) Earthquake depths determined by body-waveform modelling or depth-phase analysis in this study or by previous work (Abers & McCaffrey
1988; Sloan & Jackson 2012), shown on a map of lithosphere thickness (Priestley et al. 2018). The lower bound on horizontal resolution of the lithosphere
thickness data is ∼250 km, and the vertical resolution is ∼30 km. The lithosphere thickness data were defined on a 2-degree grid and have been interpolated
to show a smoothed data set. Earthquakes are coloured according to centroid depth. X and X’ represent the end points of the cross-section used in the lower
panels. The solid red line represents the topographic spine of the New Guinea Highlands and the dotted red line represents the range front. (b) Topography
of the New Guinea Highlands was taken from a 50 km swath along the spine of the New Guinea Highlands, from a 100 km Gaussian filtered version of the
ETOPO2 data set. The black line represents mean elevation and the grey outline represents the standard deviation. (c and d) Centroid depths of earthquakes
from panel (a) have been projected onto a vertical cross-section along-strike of the mountains, separated by whether the earthquake occurs north of the range
front (within the mountains) or south of the range front (within the foreland basin or Arafura Sea). Estimates of Moho depth from the Arafura Sea (Jacobson
et al. 1979) are taken to represent the crustal thickness of the northern Australian Shield. (e) Lithosphere thickness plotted along the cross-section X–X’.
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1694 L. Knight et al.

We have used the modelled source depths of earthquakes to es-
timate the seismogenic thickness (Ts) of the lithosphere: namely,
the thickness of the brittle part of the lithosphere which ruptures
in earthquakes. For the magnitudes of the events we have stud-
ied (Mw 4.9–6.7), and for commonly observed displacement/length
ratios (i.e. 5 × 10–5, Scholz 1982), the rupture radius will be ap-
proximately between 2–16 km. When combined with the fault dips
determined in our inversion analysis, the range of depth extents
of the rupture patch are similar to, or smaller than, the depth un-
certainties from our inversion methods, and are small compared
with the variations we describe below. The earthquakes used to
calculate seismogenic thickness in the foreland may not fully rep-
resent the seismicity of the region, due to our limited observation
time compared with the duration of earthquake cycles. However, we
have chosen not to supplement our data with earthquakes from the
gCMT or ISC-EHB catalogues (Dziewonski et al. 1981; Ekström
et al. 2012; International Seismological Centre 2021) as these cat-
alogues provide less accurate depth estimates than body-waveform
modelling or depth-phase analysis (Engdahl et al. 2006). As such,
our estimates represent the minimum possible seismogenic thick-
ness, given that future earthquakes may occur at greater depths.
However, we are encouraged in our approach by previous studies
that have established lateral variations in seismogenic thickness us-
ing similar numbers of earthquakes, which have been confirmed by
microseismic surveys and not contradicted by subsequent events
(Chen & Molnar 1983, 1990; Kayal & Zhao 1998; Maggi et al.
2000b; Priestley et al. 2008; Craig et al. 2011; Nissen et al. 2011;
Sloan et al. 2011; Devlin et al. 2012; Nemati et al. 2013; Craig &
Jackson 2021).

In the western foreland basin between 135◦E and 141◦E, the seis-
mogenic thickness is 33–36 km. This estimate incorporates possible
errors from our depth estimations, and uses the magnitudes of the
earthquakes to estimate a maximum possible depth of rupture from
our estimated centroid depths and magnitudes using a displace-
ment/length ratio of 5 × 10–5 (Scholz 1982; Fig. 5c). We note that
the earthquake depths determined using depth-phase analysis rep-
resent hypocentres instead of centroid depths, but the magnitude of
these earthquakes is small ( M w<5.5) and so the maximum rup-
ture depth is probably <3–4 km greater than the hypocentre depth.
The seismogenic thickness in this western region is consistent with
the depths of earthquakes near the Aru Trough on the western
margin of the foreland (Sloan & Jackson 2012; blue diamonds on
Fig. 5d). Given that receiver function studies have estimated the
crustal thickness of the northern Australian shield, away from the
edge of the plate, to be approximately 27–35 km (Jacobson et al.
1979; Clitheroe et al. 2000), our estimate of seismogenic thickness
implies that the entire crust of the western foreland is seismogenic.
Sloan & Jackson (2012) also identified two earthquakes in the Ara-
fura Sea which occurred in the seismogenic upper mantle. The
deepest earthquake in the New Guinea foreland (at 33 km) occurs
within error of the Moho depth, however it is likely the Moho depth
in the foreland is depressed compared to where it was measured in
the Arafura Sea, due to the Australian plate bending as it under-
thrusts the mountains. Therefore it is more likely this earthquake
occurred within the lower crust than in the upper mantle. In the
eastern foreland basin between 141◦E and 146◦E, the seismogenic
thickness is resolvably thinner, and is 20–27 km.

It is more difficult to estimate the seismogenic thickness within
the New Guinea Highlands as we must differentiate between the
earthquakes occurring within the seismogenic part of the over-riding
plate, those within the underthrusting Australian plate, and those
linked with south-dipping subduction at the New Guinea Trench. As

the earthquake depths listed in the gCMT or ISC-EHB Bulletin cata-
logues are less accurate than depths estimated using body-waveform
modelling (Engdahl et al. 2006), we have chosen to estimate the seis-
mogenic thickness of the Highlands using only the body-waveform
modelled solutions from Abers & McCaffrey (1988). If we consider
all modelled events, Ts is between 46 and 48 km in the western
Highlands (135–141◦E) and between 24 and 26 km in the eastern
Highlands (141–146◦E). The crustal thickness of the Highlands is
not well known, but is estimated to be ∼45 km (Abers & Mc-
Caffrey 1988; Abers & Lyon-Caen 1990), so it is possible that the
seismogenic thickness represents a single crustal layer. However, the
earthquakes are not distributed evenly through the crust in the west-
ern Highlands. Fig. 5(c) shows that almost all earthquakes beneath
the western Highlands occur at depths shallower than 25 km. The
deepest event, the reverse-faulting earthquake at 44 km and close to
the range front, may represent an earthquake in the underthrusting
plate, whilst the shallower earthquakes represent the seismogenic
thickness of the upper plate. If this is the case, then the seismogenic
thickness of the over-riding material is similar between the western
and eastern Highlands.

4.2 Thermal modelling

Changes in seismogenic thickness along-strike of the southern fore-
land basin correlate with changes in lithosphere thickness (Fig. 5a;
Priestley et al. 2018). In this section, we use thermal models to
examine whether the along-strike variation in seismogenic thick-
ness could be the result of along-strike variations in the thermal
structure, due to the lithosphere thickness contrasts, or whether
it implies variations in crustal composition. We have constructed
simple steady-state geotherms for a range of values of lithosphere
thickness and radiogenic heating in the crust. We use a wide range
of values for lithosphere thickness to account for the broad hori-
zontal resolution of the data (250–400 km). However, the east-west
transition in lithosphere thickness is a major feature which stretches
southwards into Australia, so we are confident that the data reflect
a true gradient in lithosphere thickness along-strike of the basin.

In our thermal modelling, we have followed the methods of
McKenzie et al. (2005), Copley et al. (2009) and Craig et al.
(2020). The 1-D diffusion equation has been discretized and solved
using a Crank–Nicholson (joint implicit-explicit) finite difference
scheme (Press et al. 1992). The upper surface of each geotherm was
held at 0 ◦C and the base of the lithosphere fixed at the isentropic
temperature for that depth, calculated using a mantle potential tem-
perature of 1315 ◦C. We follow the approach of Copley et al. (2009)
and Craig et al. (2020) in approximating the thermal boundary
layer at the boundary between the lithosphere and the convecting
mantle as the isentropic temperature applied at that depth, which
has minimal influence on the overlying thermal structure. We use
temperature-dependent values of thermal conductivity and heat
capacity (Hofmeister 1999; McKenzie et al. 2005; Whittington
et al. 2009), incorporating granodiorite values for the crust (Miao
et al. 2014) and olivine values for the mantle (McKenzie et al.
2005). Steady-state geotherms are calculated by inputting an initial
(arbitrary) thermal structure (in this case a linear gradient from the
surface to the base of the lithosphere), and allowing diffusion to oc-
cur until the evolution through time is insignificant. The time taken
depends on the lithosphere thickness, which controls the thermal
time constant of the lithosphere, and is <1 Gyr. At each time-step,
we iterate multiple times, updating the temperature-dependent
thermal parameters with each iteration. Such a measure is necessary
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because our finite difference scheme is centred in time, so the
thermal parameters at the end of the time-step play a role in the com-
putation (Press et al. 1992). We therefore maintain self-consistent
temperatures and thermal parameters at each time-step.

Crustal thickness was held constant at 30 km (Jacobson et al.
1979; Clitheroe et al. 2000), and radiogenic heating assumed to be
constant throughout the crust, based upon recent results suggesting
that partial melting has a limited effect on the rate of radiogenic
heating in the partitioned melt and residue, due to the growth and/or
retention of relatively high-Th accessory minerals in the residue
compensating for the removal of other heat-producing elements
during partial melting and melt migration (Yakymchuk & Brown
2019; Weller et al. 2020). This assumption is consistent with the
lack of observed correlation between metamorphic grade and rate
of radiogenic heating in global compilations (Hasterok et al. 2018).
Radiogenic heating in the mantle was assumed to be zero, as model
geotherms calculated with no mantle radiogenic heating correlate
well with P–T estimates from mantle xenoliths (e.g. Rudnick et al.
1998).

Fig. 6(a) shows a collection of our calculated geotherms for
which lithosphere thickness has been varied but crustal thickness
and crustal radiogenic heating have been held fixed (at 30 km and
0.50 μW m–3, respectively), showing that increases in lithosphere
thickness deepen the isotherms throughout the lithosphere. In order
to analyse the possible range in thermal structures in the foreland,
we have also performed calculations in which the crustal radiogenic
heating has been varied.

We first examine whether our observed earthquake distribution
is consistent with the seismogenic thickness tracking the 600 ◦C
isotherm. This temperature has previously been suggested as the
upper limit of seismogenic behaviour in anhydrous rocks (of both
crustal and mantle lithologies), based upon the comparison of earth-
quake depths and thermal models (Kohlstedt et al. 1995; Mackwell
et al. 1998; Lund et al. 2004; McKenzie et al. 2005; Jackson et al.
2008, 2021; Priestley et al. 2008). We investigate this case first be-
cause the New Guinea forelands are comprised at least partially of
Proterozoic high-grade metamorphic lithologies of the Australian
Shield (Plumb 1979; Hill & Hall 2003), and thus the crust may be
anhydrous. We extracted the depth to the 600 ◦C isotherm from each
calculated geotherm. These results are shown in Fig. 6(b), where the
depth to the 600 ◦C isotherm is plotted as a function of lithosphere
thickness and radiogenic heating. We then compared these depths to
the observed seismogenic thickness of the western and eastern fore-
land basin, to investigate whether the depth to the 600 ◦C isotherm
represents the maximum possible seismogenic thickness. We chose
to analyse the western and eastern halves of the basin separately
given the differences in seismogenic and lithosphere thickness. The
blue and pink shaded regions show the parameter space over which
the depth to the 600 ◦C isotherm is greater than or equal to the
observed seismogenic thickness in the western and eastern foreland
basin, respectively, and also where the lithosphere thickness used
in our models matches the observed thickness for each side of the
basin (Priestley et al. 2018).

These results show that the modelled isotherm depth matches the
observed seismogenic and lithosphere thicknesses in both halves
of the foreland basin. This means that the depth to the 600 ◦C
isotherm can vary laterally by the amount seen in the earthquake
depths due to lateral variations in the lithosphere thickness alone,
without invoking changes in the composition of the crust. We also
note that radiogenic heating in the crust is required to be ≤1.5
μW m–3, which is on the lower end of the range of values observed
for crustal rocks (Hasterok et al. 2018) but consistent with estimates

of the overall heat budget of the continental crust (e.g. Rudnick et al.
1998; Rudnick & Nyblade 1999; Jaupert et al. 2015).

We have also considered the possibility that the foreland basin
comprises hydrous crustal material, which would be expected to
supported earthquakes only up to temperatures of 350 ◦C (Chen
& Molnar 1983; Priestley et al. 2008). Hydrous continental crust
might be expected in the eastern foreland basin, on the east side
of the Tasman Line, where the geology is comprised of accreted
Palaeozoic terranes, instead of the older and thicker Australian
craton observed in the west (Crawford et al. 2003; Glen 2005). This
region east of the Tasman Line may not have been subjected to the
partial melting needed to generate anhydrous material. However,
our modelling shows that for the depth to the 350 ◦C isotherm
to be consistent with the observed seismogenic thicknesses across
the foreland basin, radiogenic heating in the crust would need to
be <0.25 μW m3, which is improbably low (see Fig. S24, which
is the equivalent of Fig. 6b, but for the 350 ◦C isotherm). Thus
the seismogenic mid-crust of the eastern foreland is unlikely to be
hydrous, despite the presence of overthrust Tasman Orogen units at
the surface. These results support our suggestion that the observed
lateral variation in seismogenic thickness across the foreland is
primarily caused by the change in lithosphere thickness, and not a
change in crustal composition. The implications of these results are
discussed further in Section 6.1.

4.3 Flexure and elastic thickness

Having investigated the seismogenic thickness and thermal structure
of the southern foreland basin, we have also studied its elastic
thickness. Elastic thickness is a useful proxy for the strength of the
lithosphere as it bends in response to loading, and can be calculated
using the wavelength over which this bending occurs, as observed
using gravity anomalies. By studying both seismogenic thickness
(Ts) and elastic thickness (Te) of the foreland basin, we aim to
contribute to the debate surrounding the rheology of continental
lithosphere (e.g., McKenzie & Fairhead 1997; Maggi et al. 2000a;
Burov & Watts 2006; Jackson et al. 2008).

Long-wavelength negative free-air gravity anomalies in the
southern foreland basin suggest that the underthrusting Australian
Plate is bending as a result of loading from the New Guinea High-
lands (Fig. 7a). These gravity anomalies can be used to estimate the
effective elastic thickness of the foreland, which we have calculated
using the method of McKenzie & Fairhead (1997), which is sum-
marised here. Using the GOCE and EIGEN-6C datasets (Drinkwater
et al. 2007; Förste et al. 2014), the two-dimensional gravity field
was stacked into profiles perpendicular to the strike of the range-
front. The observed gravity profiles were then compared to synthetic
calculations. We invert for the best-fitting value of Te, while allow-
ing the magnitude and location of the vertical load and bending
moment to vary, and also solving for a linear ramp that reproduces
any long-wavelength signals in the data that are unrelated to flexure.
The elastic thickness estimate obtained using this method is a mea-
sure of the effective elastic thickness of the bending layer within the
lithosphere, but does not determine the depth to the top or bottom
of this layer.

We modelled the west and east sides of the foreland basin sepa-
rately, as well as calculating elastic thickness across the whole basin.
We find the GOCE gravity anomalies between 135.5–141◦E can be
fit by a plate with an elastic thickness of 5 km, and between 141–
143.5◦E by an elastic thickness of 6 km (Fig. 7d). Across the whole
foreland basin (135.5–143.5◦E), Te is 5 km. Using the EIGEN-6C
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Figure 6. (a) Steady-state geotherms calculated for different values of lithosphere thickness, as indicated. These geotherms were calculated using a crustal
thickness of 30 km and constant radiogenic heating in the crust of 0.50 μW m–3, but the radiogenic heating was varied in other models not shown on this plot.
(b) Depth to the 600 ◦C isotherm plotted as a function of lithosphere thickness and radiogenic heating in the crust. The blue region represents the parameter
space for the western foreland basin over which the depth to the 600 ◦C isotherm is greater than or equal to the observed seismogenic thickness (Ts) and the
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dataset, Te is 5 km between 135.5–141◦E, 11 km between 141–
143.5◦E, and Te is 6 km across the whole basin. For most of these
estimates, the misfit between the modelled and observed gravity
anomalies at large Te values is only slighter greater than the min-
imum misfit, producing a broad minimum, as can be seen for the
eastern foreland basin on Fig. 7(d). This effect is well known, and
is caused by trade-offs between Te, the bending moment, and the
location where the vertical load and bending moment are applied
(often referred to as the plate break; Jackson et al. 2008). When a
broad minimum is observed, the upper bound is unconstrained and
so our results provide only a lower bound on elastic thickness. Our
results do not allow us to robustly use the gravity data to investigate
whether there are lateral variations in Te along-strike of the moun-
tains, so we propose that elastic thickness across the whole foreland
basin is ≥5 km.

These results contrast with previous studies of the foreland basin,
which found the effective elastic thickness of the underthrusting
Australian Plate to be up to 95 km and to vary significantly along-
strike (Abers & Lyon-Caen 1990; Haddad & Watts 1999). However
these studies held the plate break at a fixed position, which often
leads to overestimates of Te (Jackson et al. 2008). The geographical
position of the plate break is unknown, thus we prefer to allow the
location of the plate break to vary when calculating the misfit. The
previous studies also studied single line profiles whereas we chose
to stack profiles along-strike of the range, which can lead to more
stable results (McKenzie & Fairhead 1997; Jackson et al. 2008).

Although some of our estimates are lower bounds on the elas-
tic thickness, some are well-constrained (e.g. the green curve on
Fig. 7d). An elastic thickness of <20km is unexpected for a fore-
land basin setting in which we have observed earthquakes at mid-
and lower-crustal depths: in both the western and eastern parts
of the New Guinea foreland basin, the effective elastic thickness
we have estimated is significantly smaller than the seismogenic
thickness inferred from earthquake depths. Estimates of the elastic
thickness from other geologically-similar regions have been found
to be greater, such as 17–25 km on the eastern foreland of the Andes
and in northern India (McKenzie et al. 2014, 2015), and Lamb et al.
(2020) have suggested a global trend in which the elastic thickness

is 25–50 per cent of the lithosphere thickness. However, our result is
similar to the work of Mitra et al. (2018), who studied the Shillong
Plateau, a fault-bounded uplift in the foreland basin in the Eastern
Himalayas. They determined that the elastic thickness of the Ben-
gal Basin, to the south of the Shillong Plateau, is 5–20 km, which
is considerably less than the seismogenic thickness inferred from
earthquake depths (40–45 km; Kumar et al. 2015). The unusually
low elastic thickness estimates from New Guinea and Shillong may
therefore relate to either (1) blanketing by large thicknesses of sed-
iment, meaning that large proportions of the cool and shallow crust
are occupied by thick piles of (presumably weak) sediments that
don’t contribute to the elastic strength, or (2) the geological posi-
tion of both the Shillong Plateau and New Guinea on the continental
margin of an underthrusting plate, which may indicate an inherent
weakness in these margins. In either case, where constraints can be
placed on the upper bound, our estimate of the elastic thickness is
less than our observed seismogenic thickness.

4.4 Summary of New Guinea Highlands and forelands

Our results show that there is along-strike variation in seismogenic
thickness in the southern foreland basin of the New Guinea High-
lands. Thermal modelling suggests that this is likely to be due to
lateral variations in lithosphere thickness, rather than crustal com-
position, such that thicker lithosphere in the west correlates with
greater seismogenic thickness. Modelling the gravity anomalies ob-
served in the foreland basin has shown the elastic thickness in both
the western and eastern halves of the basin to be small (≥5km,
and <20km where the upper bound is constrained), and that Te<Ts

across the whole basin. The implications of these results will be
discussed in Section 6.

5 N O R M A L FAU LT I N G I N T H E B I R D ’ S
H E A D B L O C K

Having studied the present-day tectonics of the New Guinea High-
lands and foreland basin, we now turn our attention to the Bird’s
Head Block of western New Guinea, in order to further investigate
the rheology and evolution of the deformation belt. The Bird’s Head
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Foreland rheology and tectonics in New Guinea 1697

Figure 7. (a) GOCE free-air gravity map of New Guinea (Drinkwater et al. 2007). The green and purple coloured boxes represent the region over which profiles
through the gravity field, perpendicular to the range front, have been stacked along the length of the west and east foreland basin respectively. The coloured
circles represent nodes which have been placed over the gravity minimum. (b and c) Mean (solid black line) and standard deviation bounds (dashed black lines)
for the stacked GOCE free-air gravity anomalies, and the best-fitting flexural model to the observed gravity profile (solid coloured line). (d) Weighted misfit
between the observed and modelled gravity field, plotted as a function of elastic thickness of the underthrusting Australian Plate. The best-fitting solutions for
the west and east occur at Te = 4.6 km and Te = 6.2 km respectively.

Block incorporates the Bird’s Head, Neck, and Cenderawasih Bay
(Stevens et al. 2002; Baldwin et al. 2012). We have used earthquake
source parameter estimates, seismic reflection profiles, published
geodetic results, and geomorphological observations to examine
the characteristics of earthquakes in this region, and to study how
the regional tectonics may have changed through time.

5.1 Normal faulting

A cluster of normal-faulting earthquakes within the Bird’s Neck
and the west side of Cenderawasih Bay indicate that the area is expe-
riencing active extension (Figs 3 and 4). Body-waveform modelling
and depth-phase analysis we conducted on 5 normal earthquakes
in this region have shown that these events are characterised by ap-
proximately N-S striking nodal planes and shallow depths of 10 km
or less (Table 1 and 2; Fig. 8). These results emphasise the im-

portance of body-waveform modelling and depth-phase analysis to
estimate accurate source depths: of the 5 earthquakes we modelled,
the ISC-EHB Bulletin lists their depths 25 km deeper on average
(Weston et al. 2018; International Seismological Centre 2021).

Using the source depths of our modelled earthquakes, we have
estimated the seismogenic thickness (Ts) of the Bird’s Neck to be
approximately 15 km. This estimate of Ts from seismological obser-
vations is consistent with the local fault-controlled topography, as
the maximum widths of extensional fault-bounded basins have been
found to relate to the depth extent of the faults (Jackson & White
1989; Scholz & Contreras 1998). Within the Lengguru Fold-Thrust
Belt in the Bird’s Neck, high-resolution SRTM 30 m topography
data (Farr et al. 2007) reveal several fault-bounded basins with a
maximum width of 18 km (Fig. 9). The basin width–seismogenic
thickness scaling relationship of Copley & Woodcock (2016) yields
an estimate of Ts between 12-18 km for that maximum basin width,
which is consistent with the seismological estimate. This result also
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Figure 8. SRTM 30 m DEM overlain with a summary of normal faulting in western New Guinea, showing focal mechanisms, depths, and selected slip vectors
of earthquakes determined using body-waveform modelling or depth-phase analysis in this study or previous work (McCaffrey & Abers 1988; Sloan & Jackson
2012). Additional focal mechanisms for normal earthquakes are taken from the gCMT catalogue (Dziewonski et al. 1981; Ekström et al. 2012). GPS velocities
are shown relative to the Australian Plate (Stevens et al. 2002). Grey dashed lines delineate the triangulated network of GPS stations from which strain rates
were calculated. The yellow line shows the location of the seismic reflection profile shown in Fig. 10.

shows that the Bird’s Neck has a lower seismogenic thickness than
the foreland basin in central New Guinea. Many studies suggest
that the Bird’s Head Block represents the northern margin of the
Australian continent (e.g., Hamilton 1979; Dow & Sukamto 1984;
Hill & Hall 2003). The low seismogenic thickness might result from
the Bird’s Neck representing a thinned continental margin, or be-
cause the Palaeozoic metasediments which comprise the basement
geology are likely to be weaker than the Precambrian craton which
underlies the western foreland basin in central New Guinea (Visser
& Hermes 1962; Pieters et al. 1983; Bailly et al. 2009).

To further study the nature of extension in western New Guinea,
we have estimated geodetic strain rates across the region using
the triangulation method of Bourne et al. (1998) and the GPS
data of Stevens et al. (2002). This method was selected because
the GPS network across New Guinea is sparse, and so it is more
suitable to calculate strain rates within discrete triangles than to

calculate strain rate as a continuous field. The region of interest
was split into triangles with a GPS site located at each vertex. The
strain rate within each triangle was calculated via a linear, piece-
wise continuous interpolation across the triangular region, using
the three GPS velocities. The strain rate within each triangle is
equal to the average strain rate obtained from a continuous strain
rate field over the same region, and is independent of the choice of
geodetic reference frame. Our geodetic analysis is shown in Fig. 8,
alongside a summary of normal faulting in western New Guinea.
The GPS data show that the Bird’s Head Block is moving rapidly
with respect to the Australian Plate. The strain rate analysis matches
our observations of seismicity across the region: extension occurs
approximately E-W across Cenderawasih Bay, the Bird’s Neck, and
further south towards the Aru Trough. Rapid left-lateral shear strain
is also observed across the north coast of the island, coincident with
the location of the Sorong and Yapen Fault Zones. We find that
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Foreland rheology and tectonics in New Guinea 1699

Figure 9. SRTM 30 m DEM of the Bird’s Neck region. Normal faults are shown as dashed black lines. The width of fault-bounded basins are also indicated.
Earthquake hypocentres from the gCMT catalogue are coloured according to focal mechanism.

the orientation of extensional strain on the west side of Cender-
awasih Bay is consistent with the calculated slip vectors for normal
earthquakes in the region, such that the extension is most likely
accommodated by slip on these shallow normal faults. We note that
the smaller component of ∼N-S compression in the region may be
related to locking on the megathrust to the north (but that this source
of deformation would be unable to reproduce the observed ∼E-W
extension). Because the errors on the GPS velocity estimates (2–
3 mm/yr) are small compared with the velocity differences across
the triangles (up to 125 mm/yr), these results are robust.

5.2 Tectonic changes through time

Whilst the Bird’s Neck and Cenderawasih Bay are currently
experiencing E-W extension, topographic structures imply that the
region has undergone several stages of tectonic deformation during
the Neogene. The Lengguru Fold-Thrust Belt (LFTB) within the

Bird’s Neck comprises anticlinal folds striking approximately
NW-SE, formed of Mesozoic shelf sediments from the Australian
passive margin above Palaeozoic metasedimentary basement (Fig.
9; Visser & Hermes 1962; Dow & Sukamto 1984; Bailly et al.
2009). Analysis of offshore seismic lines and petrological analysis
of metamorphic rocks from Wandamen Bay has constrained the
timing of formation of the LFTB to between 11–2 Ma (Bailly et al.
2009; François et al. 2016; White et al. 2019).

Using the SRTM 30 m DEM, we have identified two groups of
normal faults in the Bird’s Neck (Fig. 9). One set of faults in the
southwest of the Bird’s Neck strike NE-SW and cut across the LFTB
at a high angle (Set 1). Anticlines which are cut by these faults show
vertical offsets in the topography of 150–700 m. There appear to
be no recent earthquakes associated with these faults within the
fold-thrust belt. However, the clear geomorphological expression
of these faults suggests that it is possible the faults are active, and
the lack of seismicity could be due to the combination of low strain
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rates and the length of the instrumental earthquake catalogue. A
second set of normal faults near the Wandamen Peninsula strike
approximately N-S and may be associated with the recent normal-
faulting earthquakes along the west side of Cenderawasih Bay (Set
2). These normal faults run parallel to the major anticline which
forms the Wandamen Peninsula, so these faults may represent re-
activated thrust faults from the formation of the LFTB, or from
the emplacement of the Weyland Overthrust: a block of metamor-
phosed sediments and ophiolite slices which was thrust ∼25 km
southwest in the late Miocene (Dow & Sukamto 1984; Bailly et al.
2009; François et al. 2016). The change in fault orientation between
Set 1 and Set 2 may represent a change in the direction of strain
being experienced within the Bird’s Neck in either space or time.
It has also been suggested that movement of the Bird’s Head Block
relative to Australia may be at least partially accommodated by ver-
tical axis rotations of large crustal blocks (Stevens et al. 2002). This
theory might explain the discrepancy between the orientation of the
geomorphologically-clearest faults in Set 1 (striking NE-SW) and
the focal mechanisms of the recent normal earthquakes (striking
N-S and with slip vectors aligned with the extensional principal
axes calculated from the GPS data).

To further investigate the timing of tectonic changes in the region
through time, we have analysed a seismic reflection profile in the
north of Cenderawasih Bay (line location indicated in Fig. 8). This
seismic line was originally presented by Priastomo (2012), and we
have updated the ages of the main horizons using the results of
Babault et al. (2018). In the northwestern part of the seismic re-
flection profile, the data show a fold-and-thrust system which has
deformed the Oligocene-Miocene sedimentary sequence (Fig. 10).
This period of shortening appears to have ended by 3.6 Ma, as
shown by the undeformed covering of sediments of this age (blue
dotted horizon in Fig. 10 above the folds; Priastomo 2012). The
sedimentary sequence has then been displaced by extensional faults
that appear to be active at present. Fault A (indicated in Fig. 10) has
a prominent bathymetric expression, with ∼1.5 km relief (equiva-
lent to ∼2 seconds two-way travel time) and with apparently larger
displacements in the underlying sedimentary units. Fault B shows
growth in the uppermost parts of the stratigraphy, including a hori-
zon dated at ∼63–480 ka (orange dotted line; Babault et al. 2018).
Sedimentary growth is seen only in the uppermost units of the
Pliocene-Recent sequence. These observations indicate a tectonic
change from compression to extension occurred in this region at
some time after 3.6 Ma.

In the southeastern part of the seismic reflection profile, the seis-
mic horizons are affected by NE-SW trending folds and thrust faults,
which are rooted in a detachment within the Pliocene-Quaternary
sedimentary column (Decker et al. 2009; Priastomo 2012; Babault
et al. 2018). This region has been named the Cenderawasih Fold-
and-Thrust Belt (Priastomo 2012) or Waipoga Fold-and-Thrust Belt
(WFTB; Babault et al. 2018). Rather than representing tectonic de-
formation, the WFTB is interpreted as a toe-thrust system resulting
from gravitational instability in the external part of the sedimentary
prism, which is up to 12 km thick and where sedimentation rates
could have reached very high values during the last 3 My (Babault
et al. 2018). The WFTB formed after the LFTB in the Bird’s Neck,
and the base of the syn-tectonic sediments is dated at ∼63–480 ka
(Babault et al. 2018). Hence, deformation in the WFTB is prob-
ably no older than late Pleistocene. The seismic reflection profile
shows that compressive folding and thrusting in the upper sedimen-
tary sequence in this area does not affect the lower sedimentary
sequence and basement. This is consistent with the interpretation of
the shortening being due to localized gravitational instability within

the sedimentary pile, rather than representing crustal-scale tectonic
deformation. We discuss below the implications of the changing
tectonic configuration through time in the region of the Bird’s Neck
and Cenderawasih Bay.

6 I N T E R P R E TAT I O N S A N D
D I S C U S S I O N

6.1 Reconciling observations of earthquake depths,
lithosphere thickness and elevation

Body-waveform modelling and depth-phase analysis of earthquakes
in the New Guinea foreland basin has shown that the seismogenic
thickness of the foreland varies along-strike, being greater in the
west than the east. This variation in seismogenic thickness corre-
lates with an along-strike variation in lithosphere thickness, derived
from surface wave tomography, such that thicker lithosphere is ob-
served in the areas of greater seismogenic thickness (Fig. 5; Priestley
et al. 2018). Using simple thermal modelling techniques, we have
shown that the variation in seismogenic thickness in the foreland
basin can be attributed solely to the changing lithosphere thickness,
without having to invoke any variation in other parameters such
as crustal composition. The 600 ◦C isotherm, which is commonly
thought to represent the depth extent of earthquakes in anhydrous
continental crust (e.g. Jackson et al. 2021), is located deeper in
thicker lithosphere and thus allows earthquakes to occur at greater
depths.

It is surprising that the seismogenic thickness in the eastern part
of the foreland appears to be governed by the 600 ◦C isotherm,
given that, in contrast to the high-grade and anhydrous metamor-
phic rocks and thick lithosphere that usually characterize where
earthquakes occur at such high temperatures (Mackwell et al. 1998;
McKenzie et al. 2005; Jackson et al. 2021), the region has relatively
thin lithosphere and is believed to be formed of accreted island arc,
back arc, and forearc terranes of the Tasman Orogen (Crawford
et al. 2003; Hill & Hall 2003; Glen 2005). Within these accreted
terranes, it might be expected that earthquakes in the eastern fore-
land would be limited to material at temperatures <350 ◦C, as is
observed in regions of hydrous crust which have not undergone
partial melting (Priestley et al. 2008). However, as described in
Section 4.2, for reasonable values of radiogenic heating, the ob-
served seismogenic thickness in the eastern part of the foreland is
much greater than the depth to the 350 ◦C isotherm calculated from
our thermal modelling. We suggest that the observed seismogenic
thickness may be due to two factors. First, the Tasman Orogen was
formed in the Palaeozoic above a west-dipping subduction zone,
and oceanic terranes were progressively thrust over and onto the
Precambrian rocks of the Australian continental interior (Coney
et al. 1990; Veevers 2000; Crawford et al. 2003; Glen 2005). It is
therefore possible that the strong, anhydrous, high-grade metamor-
phic rocks of the Australian craton form the mid-to-lower crust in
the eastern New Guinea foreland, which have been overthrust by the
Tasman Orogen. This suggestion is supported by Aitchison et al.
(1992), who analysed zircons from the basement of the New Eng-
land Orogeny in eastern Australia and concluded that terranes of
the Tasman Orogen have been ‘thrust a considerable distance over
the continental freeboard of eastern Australia’. Secondly, east–west
rifting along the northeastern margin of the Australian continent
in the late Cretaceous-early Eocene, which formed the Coral Sea
(Fig. 1b), is likely to have thinned the lithosphere along this margin
(Weissel & Watts 1979; Davies et al. 1997; Gaina et al. 1999).
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Foreland rheology and tectonics in New Guinea 1701

Figure 10. Interpretation of 2D seismic reflection profile CE07-17 across Cenderawasih Bay, modified after Priastomo (2012). The location of the seismic
line is shown in Fig. 8. The age of the horizons is from Priastomo (2012) and Babault et al. (2018). Decker et al. (2009) and Sapiie et al. (2010) interpreted
the lower sequence as syn- and post-rift passive margin sediments (mid and light grey units in the figure) overlying a basement (darker grey). Slip on fault B
happens post 3.6 My. In the Waipoga Fold-and-Thrust Belt, the base of the syn-tectonic sediments is dated at ∼63–480 ka (Babault et al. 2018).

These two factors combined could result in anhydrous and seismo-
genic mid-to-lower crust in a region of thin lithosphere, with an
absence of high-grade anhydrous rocks at the surface. This situa-
tion would allow for earthquake depths across the whole foreland
basin to be limited by the depth to the 600 ◦C isotherm, the location
of which is controlled by lithosphere thickness and the resulting
temperature structure.

An additional observation to consider is the elevation of the
New Guinea Highlands. There is a long-established concept that
the maximum height that can be achieved by a mountain range
depends on the strength of the bounding forelands (Dalmayrac &
Molnar 1981; England & Houseman 1988; Molnar & Lyon-Caen
1988). Therefore we might expect the western Highlands to have
a significantly higher elevation than the east, due to the thicker,
cooler and stronger foreland. However, in New Guinea, although
the seismogenic and lithosphere thickness vary and correlate along-
strike, the elevation of high, low-relief plateau-like regions of the
mountain range are very similar in the east and west (Fig. 5b).
This consistency might be explained if the mountains have not yet
reached their limiting elevation (the maximum elevation which can
be supported by the forelands). However, the Highlands show little
evidence of active crustal thickening (Fig. 4); instead the thrust
faulting has stepped southwards into the range front (Fig. 3; Visser
& Hermes 1962; Hamilton 1979; McCaffrey & Abers 1988). This
observation suggests that the New Guinea Highlands have reached
their current limiting elevation. The low-relief interior of the ranges
implies that their elevation is not controlled by erosion, in which
case they would be characterised by actively incising drainage. The
lack of correlation between elevation and seismogenic thickness
therefore warrants an explanation.

To examine how the mountain range elevation might be related
to the thickness and thermal structure of the underthrusting litho-
sphere, we have calculated the forces acting between the New
Guinea Highlands and forelands. Mountains have a higher grav-
itational potential energy than their forelands, due to the work done
against gravity when thickening the crust. The horizontal force
per unit length exerted between a mountain range and its foreland,
caused by this contrast in potential energy, can be calculated from
the lateral differences in density structure between the two regions
(Artyushkov 1973; Dalmayrac & Molnar 1981).

We consider the New Guinea Highlands and forelands as iso-
statically balanced columns which have a vertical density structure
controlled by the temperature, composition and thickness of the
crust and lithospheric mantle. Lateral differences between these
density structures will generate horizontal gradients in vertical nor-
mal stress. By integrating the vertical normal stress from the surface
to the depth of isostatic compensation, we can obtain the horizontal
force per unit length acting between the mountains and the forelands
(Artyushkov 1973; Dalmayrac & Molnar 1981). We assume that the
New Guinea Highlands have reached the maximum elevation which
can be supported by the forelands, because the mountains are dom-
inated by strike-slip faulting and the reverse faulting has migrated
into the foreland basin (Fig. 3). This assumption allows us to use
the potential energy contrasts to explicitly estimate the horizontal
force exerted on the forelands (Dalmayrac & Molnar 1981).

We performed separate calculations for the western and eastern
regions, separated at 141◦E, due to the observed along-strike vari-
ation in lithosphere thickness. Following the methods of Copley &
Woodcock (2016) and Wimpenny et al. (2018), which are built upon
Lamb (2006), we have varied the model parameters throughout the
range of geologically plausible values in order to estimate a range
of possible force magnitudes (Table 3), as described here. To cal-
culate the vertical density structures, we take the crustal thickness
in the forelands to be 30–35 km, based on receiver function studies
in the Arafura Sea (Jacobson et al. 1979; Clitheroe et al. 2000),
and 40–60 km in the mountains, where the value is less constrained
(Abers & McCaffrey 1988; Abers & Roecker 1991). Lithosphere
thickness is taken from the measurements of Priestley et al. (2018).
Geotherms in both the mountains and forelands were assumed to be
in steady state, and consist of 2 linear sections between the surface
and the Moho, and the Moho and the base of the lithosphere (which
is enforced to be at the isentropic temperature, given a mantle po-
tential temperature of 1315 ◦C). Estimates of Moho temperature in
the forelands were derived using the geotherms calculated in Sec-
tion 4.2 and the estimates of crustal thickness. Moho temperatures
in the mountains were varied over a wide range to account for un-
certainties in thermal structure and crustal thickness estimates. The
average density (at 0 ◦C) of the crust in the forelands and moun-
tains was taken to be 2800 kg m –3 (Turcotte & Schubert 2002).
We used a thermal expansion coefficient of 3 × 10–5 K–1 to model
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Table 3. Parameters used to calculate the horizontal force exerted between the New Guinea Highlands and forelands, and to estimate the
frictional strength of crustal faults in the foreland basin. The parameters taken from Karato & Wu (1993) are for a dry olivine dislocation creep

law: �σxx = Sε̇
1
n

r A
−1
n exp( E+PV

n RT ), where �σ xx is the differential stress, S is the shear modulus, ε̇ is the reference strain rate, A is a constant, n
is the power law exponent, E is the activation energy, P is pressure, V is the activation volume, R is the gas constant and T is temperature.

Variable Value Source

West East
Crustal thickness (lowlands) 30–35 km 30–35 km Jacobson et al. (1979); Clitheroe et al. (2000)
Crustal thickness (mountains) 40–60 km 40–60 km Abers & McCaffrey (1988); Abers & Roecker (1991)
Lithosphere thickness (lowlands) 100–150 km 50–100 km Priestley et al. (2018)
Lithosphere thickness (mountains) 100–160 km 50–110 km Priestley et al. (2018)
Moho temperature (lowlands) 400–600 ◦C 550–800 ◦C This study
Moho temperature (mountains) 500–800 ◦C 600–1000 ◦C This study
Foreland seismogenic thickness 33–36 km 20–27 km This study
Foreland sediment thickness 1.5–5 km 0.1–1.5 km Visser & Hermes (1962)
Foreland fault dips 27–87◦ 15–75◦ This study
Relief 2–3 km 1.5–2.75 km This study
Mantle potential temperature 1315 ◦C McKenzie et al. (2005)
Thermal expansivity of crust 3 × 10–5 K–1 Turcotte & Schubert (2002)
Thermal expansivity of mantle 3–4.5 × 10–5 K–1 Bouhifd et al. (1996)
Asthenosphere density (pa, 0 ◦C) 3300 kg m–3 Turcotte & Schubert (2002)
Lithosphere mantle density (0 ◦C) pa - 60 kg m–3 Turcotte & Schubert (2002)
Crustal density 2800 kg m–3 Turcotte & Schubert (2002)
Pre-exponential factor (A) 3.5 × 1022 s–1 Karato & Wu (1993)
Activation energy (E) 540 kJ mol–1 Karato & Wu (1993)
Activation volume (V) 20 cm3 mol–1 Karato & Wu (1993)
Stress exponent (n) 3.5 Karato & Wu (1993)

the density changes in the crust caused by temperature (Turcotte
& Schubert 2002). The density of the lithospheric mantle is taken
to be 60 kg m–3 less than the density of the asthenosphere at the
same P–T conditions. We used the results of Bouhifd et al. (1996)
to model the thermal expansion of the lithospheric mantle.

By varying all input parameters, we estimate that the horizontal
force exerted between the western Highlands and foreland is 2.5–5
× 1012 N m–1 along-strike of the range, and 2–4.5 × 1012 N m–1

between the eastern Highlands and forelands (Fig. 11a), therefore
showing little along-strike variation. This situation is to be expected,
because generally the horizontal force exerted between a mountain
range and its lowlands scales with elevation. For example, the forces
across the New Guinea Highlands are larger than those calculated
for the mountains of Albania (1.2 × 1012 N m–1; Copley et al.
2009), where mean elevation is only ∼1 km compared to 2–3 km in
New Guinea. However in the Andes, where elevation is 4–5 km, the
horizontal force between the Andes and South American lowlands
is 4–8 × 1012 N m–1 (Wimpenny et al. 2018), which is larger than
the forces seen in New Guinea.

To reconcile our observations of seismogenic thickness, thermal
structure and elevation, we propose that the current elevation of the
Highlands has been set by the thin passive margin material on the
northern margin of the Australian Plate which was involved in the
initial stages of the orogeny. Mountain building began around 15
Ma, with the northwards underthrusting of thin continental litho-
sphere from the northern passive margin of Australia. Triassic
rifting along this northern margin had truncated the Tasman Orogen
in eastern New Guinea, and formed a ∼1000 km wide shelf un-
derlain by thinned continental crust (Pigram & Panggabean 1984;
Cloos et al. 2005). Thus the initial stages of mountain building
presumably involved the underthrusting of lithosphere that would
have been thinner, hotter, and weaker than that now underthrusting
the western part of the range (Fig. 12). Only recently has thicker
continental crust and lithosphere from the Australian Plate been un-
derthrusting the mountains (beginning 10–8 Ma; Cloos et al. 2005),

with cold, strong cratonic material in the west but the continued
underthrusting of thinner, weaker lithosphere in the east due to the
along-strike variability in the lithosphere structure. It is likely that
crustal thickness and elevation in the Highlands have not yet read-
justed to the arrival of stronger material in the west and have not
reached the maximum elevation as can be supported by the stronger
forelands. Over time, we expect the elevation of the western High-
lands to grow in response to the increased strength of the cold cra-
tonic foreland crust (Fig. 12). This concept highlights the possible
effects of lateral variations in lithosphere strength on the evolution
of topography during the initial stages of mountain building.

The New Guinea Highlands have lower elevation than long-lived
mountain ranges like the Andes (∼4 km) and the Tibetan Plateau
(4–5 km). Despite the underthrusting material increasing in strength
over time, the current New Guinea foreland also has a lower seis-
mogenic thickness and elastic thickness than northern India and
the Andean foreland (e.g. Assumpção & Suárez 1988; McKenzie
& Fairhead 1997; Maggi et al. 2000a; Pérez-Gussinyé et al. 2007;
McKenzie et al. 2014). These comparisons emphasize the impor-
tance of spatial variability in the underthrusting plate in controlling
the evolution of the bounding mountain ranges, for while northern
India and the Andean foreland represent strong continental interiors,
New Guinea represents a weak continental margin which supports
lower elevation mountains. However, as more Australian material
is underthrust and the forelands gradually come to be composed of
strong continental interior (e.g. the region in the central Arafura Sea
which supports upper mantle earthquakes at 61 km depth; Sloan &
Jackson 2012), the New Guinea Highlands may eventually reach
elevations similar to the Andes and Tibet.

6.2 Foreland deformation and fault strength

There are two lines of evidence which suggest that the western
and eastern New Guinea foreland are deforming differently. First,
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Figure 11. (a) Results of calculations for force per unit length transmitted through the lithosphere due to gravitational potential energy differences between
the eastern New Guinea Highlands and forelands. The transmitted force was calculated by varying lithosphere thickness, crustal thickness, and temperature
structure. Force per unit length is shown as a function of relief between the mountains and lowlands. The vertical black dashed lines represent the range of
appropriate solutions given the range of relief observed in the eastern New Guinea Highlands. (b) Estimates of the effective coefficient of friction on crustal
faults in the east foreland basin. Calculations have assumed the entire crust is in compression and that the lithosphere mantle deforms via dislocation creep at
temperatures above 600 ◦C.

there are broad-scale differences in the topography of the foreland
basin. In the east lies the Darai Uplift, which is situated south of
the range front (Fig. 1b). Also referred to as the Darai Plateau or
Darai Anticline, this structure is 150 km long and reaches a maxi-
mum elevation of ∼1 km above the surrounding foreland. The Darai
Uplift is a single basement-cored anticline which is thought to rep-
resent shortening on a major basement-involved thrust fault, which
itself may be a reactivated extensional fault generated by Meso-
zoic passive margin rifting (Hobson 1986; Hill 1991; Buchanan &
Warburton 1996). In contrast, the western foreland basin shows no
large-scale structures comparable to the Darai Uplift and appears to
be mostly ‘unbroken’. The overlying fold-thrust belt appears to be
relatively thin-skinned, and consists primarily of en echelon folding
with kilometre-scale subsidiary thrust faulting (Granath et al. 1991;
Cloos et al. 2005).

The second line of evidence concerns active faulting in the fore-
land basin. Our earthquake modelling has revealed high-angle re-
verse faulting earthquakes with nodal planes striking parallel to the
range front (Fig. 3). In the western foreland basin between 135 and
141.5◦, it does not appear that the earthquakes are breaking through
the entire seismogenic foreland. The isolated Mw 5.2 earthquake at
33 km depth in the western foreland is separated from the shallower
events by an apparently aseismic middle crust, and the deep event
is not large enough to have ruptured the entire seismogenic layer.
In contrast, the eastern foreland basin between 141.5◦ and 145◦

contains earthquakes for which the depths span the whole of the
seismogenic layer. In conjunction with the presence of the Darai
Uplift in the eastern foreland basin, these observations imply that
the force being exerted between the mountain range and the Aus-
tralian foreland is large enough to break the entire thickness of the
crust in the eastern foreland basin, but not in the west. This pattern is
consistent with our logic described above that the western foreland
is stronger than the east because of the thicker lithosphere leading
to cooler temperatures in the crust and a thicker seismogenic layer.

For reverse faulting to occur throughout the crust in the east-
ern foreland, the horizontal compressive forces acting between the
Highlands and forelands must be large enough to exceed the static
frictional strength of the faults. In this setting, we are therefore able
to estimate the rheology of these faults (Copley et al. 2011). In
contrast, where the foreland is not deforming, although the type
of analysis shown in Fig. 11(a) can estimate the force transmitted
through the foreland, it is only possible to place a lower bound on
the fault strength. In order to estimate the frictional properties of the
faults breaking the eastern New Guinea foreland, we have followed
the method of Wimpenny et al. (2018) by constructing 1-D yield
stress profiles which represent the stress state with depth. By inte-
grating the yield stress over depth, we can estimate the force per unit
length which the foreland lithosphere can support (F = ∫

�σxx dz;
where F is force per unit length, �σ xx is horizontal differential
stress, and z is depth). We have undertaken this process for a range
of different rheological parameters, as described below. By compar-
ing the forces estimated by these calculations with our estimate of
the horizontal force exerted between the mountains and lowlands
as described above, we can place an upper bound on the frictional
strength of faults in the eastern New Guinea forelands.

We performed a parameter sweep through the range of variables
which control the shape of the yield stress envelope with depth,
as listed in Table 3 (sediment thickness, seismogenic thickness,
fault dip, neutral fibre depth, elastic core thickness, and effective
coefficient of friction). As with the force calculations above, this
process was undertaken due to the uncertainty in the values of some
variables. We have also considered the creep strength of the litho-
spheric mantle in our calculations, as follows. Earthquake source
modelling has shown that there is little evidence for deep earth-
quakes occurring within the foreland mantle lithosphere (Fig. 5).
This observation, and the comparison between the seismogenic and
elastic thickness estimates described above, suggest that the hori-
zontal forces are mostly supported by frictional stresses within the
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Figure 12. Schematic diagram of the New Guinea Highlands showing how the lithosphere and mountain elevation has evolved since the beginning of the
orogeny, and how it may be expected to evolve over time due to changes in the rheology of the underthrusting Australian Plate.

seismogenic crust. We assume that at temperatures above 600 ◦C,
the mantle deforms mostly by ductile creep. We use a dry olivine
dislocation creep law (Karato & Wu 1993), which gives an upper
bound on the ductile strength of the lithospheric mantle and thus
a lower bound on the frictional strength of crustal faults. At tem-
peratures <750 ◦C, it has been suggested that the upper mantle
may deform plastically via Peierl’s Creep (Mei et al. 2010; England

& Molnar 2015), which gives a lower estimate of ductile mantle
strength than when dislocation creep is assumed. However, we have
also performed calculations in which the lithospheric mantle has
zero strength, which gives an absolute upper bound on the frictional
strength of crustal faults.

Our results show that in order to break in response to the 2–4.5
× 1012 N m–1 horizontal force transmitted between the mountains
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and the foreland, the effective coefficient of friction for crustal
faults in the eastern New Guinea forelands must be <0.28, if we
assume the lithospheric mantle deforms by dislocation creep above
600 ◦C (Fig. 11b). These coefficients of friction are equivalent to
depth-averaged differential stresses of ≤104 MPa. The nominal
most likely value for the effective coefficient of friction is 0.125,
equivalent to a depth-averaged differential stress of 46 MPa. If the
lithospheric mantle supports no stress whatsoever, the maximum ef-
fective coefficient of friction in the forelands is 0.31 (corresponding
to depth-averaged differential stresses of ≤115 MPa).

In the western foreland basin, we do not see evidence for
basement-cored anticlines and the earthquakes are not distributed
throughout the crust (Fig. 5). Thus the crust does not appear to be
breaking through on faults in the same way as in the eastern fore-
land basin. The western foreland must therefore be strong enough to
support the horizontal forces exerted between the mountains and the
lowlands, which we estimated to be 2.5–5× 1012 N m–1 along-strike.
Therefore, the strength of these faults in the western foreland cannot
be estimated, and only a lower bound placed upon this value (i.e.
that we know they must be strong enough to not deform in response
to the applied forces). Using the same frictional analysis as for the
eastern foreland, we can therefore calculate the minimum coefficient
of friction needed to support the observed horizontal forces. Our
analysis shows that the lower bound on the effective coefficient of
friction in the western foreland is between 0.01 and 0.14. It is likely
that faults in the western and eastern foreland have similar strength,
but the greater seismogenic thickness of the western foreland allows
it to support the horizontal force (which is very similar across the
east and west forelands) without breaking. Assuming fault strength
is similar across the foreland basin and that the mantle deforms via
dislocation creep, we can therefore constrain the effective coeffi-
cient of friction of faults in the New Guinea foreland to be between
0.01 and 0.28.

Our results are consistent with similar studies of foreland regions,
which found low estimates of the effective coefficient of friction in
the Variscan forelands (<0.24; Copley & Woodcock 2016), the Pe-
ruvian Andes (<0.15; Wimpenny et al. 2018), and the northern
Indian shield (<0.3; Bollinger et al. 2004; Herman et al. 2010;
Copley et al. 2011). While these geophysical studies show consis-
tent results, they are significantly lower than traditional laboratory
estimates of dry rock friction (0.6–0.8; Byerlee 1978). This suggests
that the foreland faults may be weak because they are reactivated
structures containing phyllosilicate-rich fault gouges (Imber et al.
2008; Lockner et al. 2011; Remitti et al. 2015), or because they are
subjected to elevated pore fluid pressures (Sibson 2004).

6.3 Tectonic evolution of western New Guinea

Having constrained the present-day rheology and force balance in
the New Guinea Highlands and their southern forelands, we now
investigate the evolving force balance in western New Guinea. As
described above, our analysis of normal-faulting earthquakes, GPS
data, geomorphology, and seismic reflection profiles has shown that
the Bird’s Neck and Cenderawasih Bay are presently undergoing
extension, but have been subjected to several stages of tectonic
evolution throughout the Neogene and Quaternary (Figs 8, 9 and
10). The Lengguru Fold-Thrust Belt (LFTB) shows that the Bird’s
Neck has experienced significant crustal shortening, but has since
been cut by more recent extensional faults observed both onshore
within the LFTB and Wandamen Peninsula, and offshore in Cen-
derawasih Bay. Structural and sedimentological analysis suggests

that the LFTB formed between 11 and 2 Ma (Bailly et al. 2009).
This shortening may have been caused by the Weyland Overthrust:
a rifted continental sliver which was thrust ∼25 km southwest over
the Bird’s Neck in the late Miocene, due to localized subduction
in Cenderawasih Bay (Dow & Sukamto 1984; Hill & Hall 2003).
François et al. (2016) analysed metamorphic assemblages from the
Wandamen Peninsula and suggested that the rocks had been buried
to 45 km depth at 8 Ma, followed by rapid exhumation around 5 Ma.
Further metamorphic dating in the Wandamen Peninsula led White
et al. (2019) to argue that formation of the LFTB was even younger,
occurring between 5 and 3 Ma. Dating of the undeformed sediment
layers observed in the western part of the seismic reflection profile,
which blanket the fold-thrust belt, imply that shortening had ceased
by 3.6 Ma (Fig. 10; Priastomo 2012). Most studies agree, however,
that there was a shift to regional transtension approximately 2 Ma,
which generated the cross-cutting normal faults seen in Fig. 9. This
event was coeval with the generation of the Tarera-Aiduna Fault,
and the initiation and reactivation of normal faults within the Paniai-
Lowlands Fault Zone (Puntodewo et al. 1994; Stevens et al. 2002;
Pubellier & Ego 2002; Bock et al. 2003; Bailly et al. 2009).

While this switch from tectonic compression to transtension in
the early Pleistocene is generally accepted, it is uncertain what
triggered this change in tectonic regime. Bailly et al. (2009) have
previously attributed the cessation of shortening within the LFTB to
slab rollback at the Seram Trench (Fig. 1b) and increasing friction
during the development of the accretionary prism. They suggest
that localized shortening within the LFTB, as a result of Australia–
Pacific convergence, was transferred to the Seram Trench and ad-
jacent accretionary prism after the formation of the Tarera-Aiduna
Fault. However, this explanation does not explain the presence of
normal-faulting roughly orthogonal to the previous shortening di-
rection, and so other factors must also be involved. The other major
tectonic change in the region at a similar time is the evolution of
the Banda Arc. Spakman & Hall (2010) proposed that the extreme
curvature of the Banda Arc has developed over the last ∼15 Myr
as the Banda oceanic slab rolled back and the arc moved eastwards
towards Australia and New Guinea. They suggest that the arc’s
curvature increased over time due to the subduction of a Jurassic
oceanic embayment on the northwest margin of the Australian Plate,
and the progressive folding of a single subducted slab at depth. We
therefore investigate whether increasing curvature in the Banda Arc
through time could have resulted in the change in tectonic style in
western New Guinea around 2 Ma.

A summary of the tectonic evolution of western New Guinea is
shown in Fig. 13, based on work by Pubellier & Ego (2002), Hill
& Hall (2003), Bailly et al. (2009), Spakman & Hall (2010) and
François et al. (2016). The development of increasing curvature in
the Banda Arc will have increased the circumference of the Bird’s
Head Block, and thus also the magnitude of the plate driving forces
exerted upon the block by the Banda Arc. We will here test whether
this increase in force along the Banda Arc may have been responsible
for the initiation of the Tarera-Aiduna Fault, reactivating faults in
the Paniai-Lowlands Fault Zone, and changing the tectonic regime
in the Bird’s Neck and Cenderawasih Bay.

We have tested this hypothesis by performing simple force-
balance calculations across the Bird’s Head Block. In these
calculations, we have chosen to model the Bird’s Head Block as
a rigid undeforming block, and to balance the forces acting upon
it. This approach is motivated by there being negligible internal
deformation within the BHB revealed by earthquakes (Fig. 4) or
GPS (Fig. 8), and there being a series of long, rapidly slipping, fault
zones on it’s boundaries. In this case, balancing forces on a rigid
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Formation of TAF generates wide shear 
zone across western New Guinea

Increased plate driving 
forces initiate change in 
tectonic regime 

Transtensional shear 
opens Cenderawasih Bay

2 Ma Present day

Increased arc 
curvature increases 
forces acting on BHB 

10 Ma 5 Ma

New Guinea Highlands emerge as AUS 
continental lithosphere underthrusts the 
Melanesian Arc complex

N

Banda Arc moves 
eastwards as it subducts 
Australian Plate

Left-lateral shear 
accomodated by SFZ-YFZ

Rapid subduction and 
exhumation forms LFTB 
and metamorphic complex

Reduced slip on SFZ

Oblique shear 
along PLFZ

E-W extension 
on west side 

of bay

Intrusive rocks 
imply movement 
along PLFZ

Figure 13. A simplified summary of the tectonic evolution of western New Guinea and the Banda Arc, showing the major fault zones and structures active
over the past 10 My. BHB, Bird’s Head Block; PLFZ, Paniai-Lowlands Fault Zone; SFZ-YFZ, Sorong/Yapen Fault Zone; TAF, Tarera-Aiduna Fault.

block is more appropriate than modelling the region as a continuum
(England & McKenzie 1982). Because the topography strikes
parallel to the fault zones bounding the block, any gravitational
potential energy contrasts across these boundaries are included
within the net forces on the boundaries that we investigate below.
Additionally, provided that any basal drag on the base of the Bird’s
Head Block is parallel to the direction of motion on the subduction
interface (i.e. that the mantle flow is controlled by the subducting
slab), then this component of the force balance is also captured in
the net force exerted by the Banda arc.

The main forces exerted upon the Bird’s Head Block are caused
by the major fault zones along its edges, namely the Banda Arc
(subduction zone force) and the Sorong-Yapen Fault Zone in the
north (shear zone force; Fig. 14a). By varying the forces exerted by
these two major fault zones, and assuming that the net force exerted
upon the Bird’s Head Block is zero, we can resolve the forces to find
the resultant force acting on the Bird’s Neck and the eastern margin
of Cenderawasih Bay (Fig. 14b). We can then compare this resultant
force with the orientations of the fault zones and the slip vectors of
earthquakes, to determine whether there is a combination of forces
which may have been consistent with generating or reactivating the
faults in this area, and creating the pattern of strike-slip and normal
faulting observed today.

To calculate the possible net forces exerted on each boundary of
the Bird’s Head Block, we multiply the length of each fault zone
along the block boundaries with a range of plausible values for the
net force per unit length transmitted across the block boundaries.
We use the present-day geometries of the fault zones to estimate the
lengths, and assume that the fault zones have undergone insignifi-
cant geometric change over the past 2 Myr. The main uncertainty
in these calculations is the force per unit length exerted across the

block boundaries, and so we have varied this value over a wide range.
To reflect the global uncertainty in the force balance in subduction
zones (Forsyth & Uyeda 1975; Conrad & Hager 1999; Billen &
Gurnis 2001; Conrad & Lithgow-Bertelloni 2004; Copley et al.
2010), and the additional complication of continental material
thought to be entering the subduction zone at the Seram Trench
(Stevens et al. 2002), we have varied the force per unit length ex-
erted on the Bird’s Head by the Banda Arc between 10 and –10 ×
1012 N m–1, where a positive value implies the force acts northeast
and pushes the Bird’s Head Block away from the Banda Arc, and a
negative value implies the force acts southwest and pulls the BHB
towards the subduction zone. For the Sorong-Yapen Fault Zone, we
have modelled the shear force imparted onto the BHB by consider-
ing a shear stress between 1 and 30 MPa (similar to global earth-
quake stress drops; Allmann & Shearer 2009) acting over a fault
depth of 0–30 km. This configuration generates a net shear force
per unit length between 0.03 and 0.9 × 1012 N m–1 along-strike. As
the SFZ-YFZ is left-lateral, the shear force acts westwards upon the
Bird’s Head Block.

Figs 14(c) and (d) show the azimuth and magnitude of the re-
sultant force required to balance the forces exerted upon the Bird’s
Head Block, for each value of subduction zone and shear zone force
per unit length. The azimuth represents the orientation of the force
being exerted on the eastern margin of the Bird’s Head Block by
central New Guinea, so an east-directed azimuth represents exten-
sional stress on the margin, and a north-directed azimuth represents
left-lateral shear. The grey shading on Figs 14(c) and (d) shows the
likely range of shear zone force per unit length, as discussed above.
The purple shaded area shows the range of forces that are consistent
with that shear zone force and also the required orientation of the
resultant force given the orientation of left-lateral strike-slip and
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Figure 14. (a) Cartoon showing the major fault zones acting on the Bird’s Head Block ∼2 Ma, namely the Banda Arc and the Sorong and Yapen Fault Zones.
The + and - symbols next to the subduction zone force indicate the designated positive and negative directions of the force acting from the Banda Arc onto the
Bird’s Head Block. The range of possible azimuths of the resultant force (purple shaded region) has been estimated from the slip vectors of earthquakes along
the Tarera-Aiduna Fault and Paniai-Lowlands Fault Zone. (b) Vector summation of the subduction zone force from the Banda Arc and shear zone force from
the Sorong and Yapen Fault Zones allows us to estimate the magnitude and azimuth of the resultant force acting on the Bird’s Head Block. (c and d) Co-varying
the magnitude of the subduction and shear zone forces (per metre along-strike) gives estimates of the magnitude and azimuth of the resultant force, plotted as
contours. The grey shaded region indicates the plausible values of the shear zone force, and thus the most likely region of parameter space. Our estimate of the
azimuth of the resultant force, determined from the slip vectors of recent earthquakes, is indicated by the purple shaded region.

normal-faulting earthquakes along the margins of Cenderawasih
Bay (50–100◦). This result shows that there is a plausible combi-
nation of forces from the Banda Arc and the Sorong-Yapen Fault
Zone which could generate the observed faulting along the eastern
margin of the Bird’s Head Block, and thus the increased curvature
of the Banda Arc may have been responsible for the present-day
tectonic configuration of western New Guinea.

The magnitude of the resultant force (<1.5 × 1018 N), when
averaged over a total fault length of ∼600 km and a seismogenic
thickness of 20 km, gives a stress estimate of <125 MPa (with no
lower bound). Our results also show that the magnitude of the force
exerted by the Banda Arc on the Bird’s Head Block (subduction zone
force) must be between –2.8 and 0.3 × 1012 N m–1, with 50 per cent
of the models between –2 and 0.2 × 1012 N m–1. If the seismogenic
thickness of the Sorong and Yapen Fault Zones is reduced from 30
to 20 km, the subduction zone force must be between –1.9 and 0.2 ×
1012 N m–1, with 50 per cent of the models between –1.3 and 0.1 ×
1012 N m–1. Negative values for this subduction zone force, acting as
a ‘slab pull’ force on the Bird’s Head Block, are consistent with the
existence of the Aru Trough: a ∼3.5 km deep depression located

south of the Bird’s Head, where GPS data and earthquake focal
mechanisms show that the trough is actively extending (Jacobson
et al. 1979; Bock et al. 2003; Sloan & Jackson 2012). Our estimates
of the magnitude of the slab pull force from the Banda Arc (0–2.8 ×
1012 N m–1) are less than or equal to the values commonly inferred
for other subduction zones (2–2.5 × 1012 N m–1, Copley et al. 2010;
1–6 × 1012 N m–1, Capitanio et al. 2009; 8–40 × 1012 N m–1, Con-
rad & Lithgow-Bertelloni 2002 and Conrad & Lithgow-Bertelloni
2004). Our estimates may be lower than most previous estimates
of the magnitude of ‘slab pull’ because of the effects of positively
buoyant continental material impinging on the subduction zone.

7 C O N C LU S I O N S

We have combined new earthquake source parameters with ther-
mal modelling, analysis of gravity anomalies and simple mechan-
ical models in order to investigate the active and recent tectonics
of New Guinea. We find that the pre-existing structural contrast
across the Tasman Line in the Australian continental lithosphere
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plays an important role in controlling along-strike variations in the
temperature structure, seismogenic thickness, and strength of the
New Guinea foreland. These strength variations are reflected in
the differing behaviour of the eastern foreland (where the crust ap-
pears broken through on high-angle faults) and the western foreland
(where the crust appears mostly intact). Horizontal forces exerted
between the New Guinea Highlands and forelands are estimated to
be between 2–5 × 1012 N m–1 along-strike. From these results, we
are able to constrain the effective coefficient of friction on crustal
faults within the foreland basin to be 0.01–0.28. The lack of corre-
lation between foreland seismogenic thickness and the elevation of
the New Guinea Highlands is likely to represent the time taken for
the growth of topography to mirror the spatially- and temporally-
varying strength of the bounding foreland, as the thinned passive
margin of the northern Australian continent is consumed. Recent
changes in the configuration of faulting in western New Guinea
imply a changing tectonic force balance on that region, which is
likely to be due to the progressive development of curvature in the
Banda Arc.
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out “crème brûlée”?: Insights from large-scale geodynamic modeling,
Tectonophysics, 484(1), 4–26.

Byerlee, J., 1978. Friction of Rocks, in Rock Friction and Earthquake Pre-
diction, Contributions to Current Research in Geophysics (CCRG), pp.
615–626, eds Byerlee, J.D. & Wyss, M., Birkhäuser.
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Ekström, G., Nettles, M. & Dziewoński, A., 2012. The global CMT project
2004–2010: Centroid-moment tensors for 13,017 earthquakes, Phys.
Earth planet. Inter., 200–201, 1–9.

Engdahl, E.R., van der Hilst, R. & Buland, R., 1998. Global teleseismic
earthquake relocation with improved travel times and procedures for depth
determination, Bull. seism. Soc. Am., 88(3), 722–743.

Engdahl, R.E., Jackson, J.A., Myers, S.C., Bergman, E.A. & Priestley, K.,
2006. Relocation and assessment of seismicity in the Iran region, J. geo-
phys. Int., 167(2), 761–778.

England, P. & Houseman, G., 1989. Extension during continental conver-
gence, with application to the Tibetan Plateau, J. geophys. Res., 94(B12),
17 561–17 579.

England, P. & McKenzie, D., 1982. A thin viscous sheet model for continental
deformation, Geophys. J. R. astron. Soc., 70(2), 295–321.

England, P. & Molnar, P., 2015. Rheology of the lithosphere beneath the
central and western Tien Shan, J. geophys. Res., 120(5), 3803–3823.

England, P.C. & Houseman, G.A., 1988. The mechanics of the Tibetan
Plateau, Phil. Trans. R. Soc. Lond., A, 326(1589), 301–320.

Farr, T.G. et al., 2007. The Shuttle Radar Topography Mission, Rev. Geo-
phys., 45(2), doi:10.1029/2005RG000183.

Förste, C. et al., 2014. EIGEN-6C4 - the latest combined global gravity field
model including GOCE data up to degree and order 1949 of GFZ Pots-
dam and GRGS Toulouse, in Proceedings of the EGU General Assembly
Conference Abstracts, Vol. 16, pp. 3707.

Forsyth, D. & Uyeda, S., 1975. On the relative importance of the driving
forces of plate motion, J. geophys. Int., 43(1), 163–200.

François, C., de Sigoyer, J., Pubellier, M., Bailly, V., Cocherie, A. & Rin-
genbach, J.-C., 2016. Short-lived subduction and exhumation in Western
Papua (Wandamen peninsula): co-existence of HP and HT metamorphic
rocks in a young geodynamic setting, Lithos, 266–267, 44–63.

Gaina, C., Müller, R.D., Royer, J.-Y. & Symonds, P., 1999. Evolution of the
Louisiade triple junction, J. geophys. Res., 104(B6), 12 927–12 939.

Glen, R.A., 2005. The Tasmanides of eastern Australia, Geol. Soc., Lond.,
Spec. Publ., 246(1), 23–96.

Granath, J., Soofi, K. & Mercer, J., 1991. Applications of SAR in struc-
tural modeling of the central ranges thrust belt, Irian Jaya, Indonesia, in
Proceedings of the Thematic Conference on Geologic Remote Sensing,
Denver, CO.

Haddad, D. & Watts, A.B., 1999. Subsidence history, gravity anomalies,
and flexure of the northeast Australian margin in Papua New Guinea,
Tectonics, 18(5), 827–842.

Hall, R., 2002. Cenozoic geological and plate tectonic evolution of SE
Asia and the SW Pacific: computer-based reconstructions, model and
animations, J. Asian Earth Sci., 20(4), 353–431.

Hamilton, P.J., Johnson, R.W., Mackenzie, D.E. & O’Nions, R.K., 1983.
Pleistocene volcanic rocks from the Fly-Highlands province of western
Papua New Guinea: a note on new Sr and Nd isotopic data and their
petrogenetic implications, J. Volc. Geotherm. Res., 18(1), 449–459.

Hamilton, W., 1979. Tectonics of the Indonesian Region, Vol. 1078, US
Government Printing Office.

D
ow

nloaded from
 https://academ

ic.oup.com
/gji/article/228/3/1684/6413548 by U

niversity of C
am

bridge user on 02 February 2022

http://dx.doi.org/10.1029/JB088iB05p04183
http://dx.doi.org/10.1029/JB095iB08p12527
http://dx.doi.org/10.1029/1999JB900317
http://dx.doi.org/10.1016/0191-8141(90)90071-6
http://dx.doi.org/10.1029/1999JB900149
http://dx.doi.org/10.1126/science.1074161
http://dx.doi.org/10.1029/2004JB002991
http://dx.doi.org/10.1016/j.epsl.2016.07.024
http://dx.doi.org/10.1029/2008JB005931
http://dx.doi.org/10.1029/2010JB008137
http://dx.doi.org/10.1029/2020JB020754
http://dx.doi.org/10.1111/j.1365-246X.2011.04950.x
http://dx.doi.org/10.1029/2019GC008837
http://dx.doi.org/10.1130/B30326.1
http://dx.doi.org/10.1016/0012-821X(81)90174-6
http://dx.doi.org/10.18814/epiiugs/2012/v35i1/008
http://dx.doi.org/10.1144/GSL.SP.1984.013.01.27
http://dx.doi.org/10.1029/94GL02118
http://dx.doi.org/10.1029/2011TC002914
http://dx.doi.org/10.1016/0040-1951(84)90224-5
http://dx.doi.org/10.1029/JB086iB04p02825
http://dx.doi.org/10.1016/j.pepi.2012.04.002
http://dx.doi.org/10.1111/j.1365-246X.2006.03127.x
http://dx.doi.org/10.1029/JB094iB12p17561
http://dx.doi.org/10.1111/j.1365-246X.1982.tb04969.x
http://dx.doi.org/10.1002/2014JB011733
http://dx.doi.org/10.1098/rsta.1988.0089
http://dx.doi.org/10.1029/2005RG000183
http://dx.doi.org/10.1111/j.1365-246X.1975.tb00631.x
http://dx.doi.org/10.1016/j.lithos.2016.09.030
http://dx.doi.org/10.1029/1999JB900038
http://dx.doi.org/10.1144/GSL.SP.2005.246.01.02
http://dx.doi.org/10.1029/1999TC900009
http://dx.doi.org/10.1016/S1367-9120(01)00069-4
http://dx.doi.org/10.1016/0377-0273(83)90020-3


1710 L. Knight et al.

Hasterok, D., Gard, M. & Webb, J., 2018. On the radiogenic heat production
of metamorphic, igneous, and sedimentary rocks, Geosci. Front., 9(6),
1777–1794.

Herman, F. et al., 2010. Exhumation, crustal deformation, and thermal struc-
ture of the Nepal Himalaya derived from the inversion of thermochrono-
logical and thermobarometric data and modeling of the topography, J.
geophys. Res., 115(B6), doi:10.1029/2008JB006126.

Hill, K., 1991. Structure of the Papuan Fold Belt, Papua New Guinea, AAPG
Bull., 75(5), 857–872.

Hill, K.C. & Hall, R., 2003. Mesozoic-Cenozoic Evolution of Australia’s
New Guinea Margin in a West Pacific Context, Geological Society of
America.

Hill, K.C. & Raza, A., 1999. Arc-continent collision in Papua Guinea:
constraints from fission track thermochronology, Tectonics, 18(6), 950–
966.
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Supplementary data are available at GJI online.

Figure S1. Minimum misfit solution for the earthquake on 25 May
1992.
Figure S2. Minimum misfit solution for the earthquake on 12 June
1993.
Figure S3. Minimum misfit solution for the earthquake on 4 January
1994.
Figure S4. Minimum misfit solution for the earthquake on 13 March
1995.
Figure S5. Minimum misfit solution for the earthquake on 3 March
2000.
Figure S6. Minimum misfit solution for the earthquake on 2 Febru-
ary 2005. Due to the poor azimuthal distribution of stations, the
gCMT focal mechanism solution was retained and we inverted only
for centroid depth, magnitude and source time function.
Figure S7. Minimum misfit solution for the earthquake on 20 Au-
gust 2007.
Figure S8. Minimum misfit solution for the earthquake on 15
November 2011.
Figure S9. Minimum misfit solution for the earthquake on 12 Oc-
tober 2012.
Figure S10. Minimum misfit solution for the earthquake on 8 De-
cember 2012.
Figure S11. Minimum misfit solution for the earthquake on 5
September 2013. Due to the poor azimuthal distribution of stations,
the gCMT focal mechanism solution was retained and we inverted
only for centroid depth, magnitude and source time function.
Figure S12. Minimum misfit solution for the earthquake on 28 July
2014.

Figure S13. Minimum misfit solution for the earthquake on 6 March
2018.
Figure S14. Minimum misfit solution for the earthquake on 26
January 2019.
Figure S15. Best-fitting solution for the earthquake on 23 February
1991.
Figure S16. Best-fitting solution for the earthquake on 21 January
1995.
Figure S17. Best-fitting solution for the earthquake on 25 October
1999.
Figure S18. Best-fitting solution for the earthquake on 12 July 2001.
Figure S19. Best-fitting solution for the earthquake on 28 Septem-
ber 2002.
Figure S20. Best-fitting solution for the earthquake on 19 August
2007.
Figure S21. Best-fitting solution for the earthquake on 29 October
2009.
Figure S22. Best-fitting solution for the earthquake on 14 June
2016.
Figure S23. Best-fitting solution for the earthquake on 27 April
2019.
Figure S24. Depth to the 350 ◦C isotherm plotted as a function of
lithosphere thickness and radiogenic heating in the crust. There is
no parameter space over which the depth to the 350 ◦C isotherm is
greater than or equal to the seismogenic thickness in the foreland,
for the appropriate values of lithosphere thickness (blue and pink
bars marked ‘West’ and ‘East’; Priestley et al. 2008).
Figure S25. (a) EIGEN-6C free-air gravity map of New Guinea
(Förste et al. 2014). The green and purple coloured boxes represent
the region over which profiles through the gravity field, perpendicu-
lar to the range front, have been stacked along the length of the west
and east foreland basin, respectively. The coloured circles represent
nodes which have been placed over the gravity minimum. (b and
c) Mean (solid black line) and standard deviation bounds (dashed
black lines) for the stacked GOCE free-air gravity anomalies, and
the best-fitting flexural model to the observed gravity profile (solid
coloured line). (d) Weighted misfit between the observed and mod-
elled gravity field, plotted as a function of elastic thickness of the
underthrusting Australian Plate. The best-fitting solutions for the
west and east occur at Te = 4.6 km and Te = 6.2 km, respectively.
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